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41. INTRODUCTION
The continental crust grows and thickens in orogenies. Continental collision orogens
form at continental convergent plate boundaries when the ocean closes and two or more
continental blocks collide. Thrusting thickens the crust and crustal shortening may lead
to formation of a thick plateau (Windley 1993). Accretionary orogens are another type
of  orogenies.  They  form  at  continental  margin  or  intraoceanic  convergent  plate
boundaries. Significant amounts of new continental crust is created in the accretion of
island  arcs,  accretionary prisms,  and  older  continental  blocks  to  continental  margin
(Cawood et al. 2009).
A thick plateau crust is not entirely stable because an excess of gravitational potential
energy is stored in the thickened crust. This results in a lateral contrast in gravitational
potential energy between the thick plateau and its thinner surroundings. When tectonic
forces that drive convergence or the strength of the lithosphere decrease,  the lateral
thickness contrast is decreased via gravitational collapse of the crust (Rey et al. 2001).
Because the crust has layers of different strength (Molnar 1992), the collapse happens in
different fashions in shallow and deep layers. In the brittle upper crust,  the collapse
happens by normal faulting with blocks sliding away from the thick crust. In the deep
crust, the collapse takes the form of lateral flow towards thinner areas (Rey et al. 2001). 
Crustal flow requires a low viscosity layer which forms by partial melting of rocks. In a
thickened crust the radioactive heat production is considered the major source of heat
(Vanderhaeghe and Teyssier 2001). Radioactive heat production increases in orogens as
crustal material is accreted and buried deeper into the crust. When temperatures in the
middle and lower crust reaches high enough values for significant partial melting of
materials to occur, the orogen evolves from “small-cold” to “large-hot” type and ductile
flow becomes the dominating process (Jamieson and Beaumont 2013). This may have
been particularly important process in the Archean and Proterozoic when continental
growth was faster (Cawood et al.  2009) and crustal  radioactive heat production was
significantly  higher  than  today due  to  higher  concentration  of  radioactive  elements
(Stüwe 2007). Partially molten layer can flow in a channel which is decoupled from
5overlying cooler crust and underlying lithospheric mantle (Vanderhaeghe and Teyssier
2001). Localized upper crustal extension may allow the channel to flow upward and be
exhumed at the surface as core complexes (Rey et al. 2009b, Jamieson and Beaumont
2013).  Exhumation  of  high-temperature  low-pressure  rocks  in  metamorphic  core
complexes  is  a  common  feature  in  collapsed  orogens  (Vanderhaeghe  and  Teyssier
2001).
The Paleoproterozoic Svecofennian orogen is one accretionary orogen where extension
of hot thick crust is suggested to have happened in deep crust via lateral  flow. The
Svecofennian crust in Finland is thick (> 56 km) with three layers. The exposed parts
comprise  large  intrusions  of  granitoids  and  high-temperature  low-pressure  gneisses.
According to a tectonic evolution model of Lahtinen et  al.  (2005) the Svecofennian
crust  was  formed  between  1.92–1.79  Ga  in  four  partly  overlapping  stages  of
microcontinent  accretion,  continental  extension,  continent-continent  collision  and
cratonic stabilization. 
The thermal evolution of the Svecofennian orogen has been studied previously with
one-dimensional numerical modelling. Kukkonen and Lauri (2009) modeled the thermal
evolution of southern Finland during the thickening of the crust, with model involving
crustal heating, partial  melting and exhumation of the middle crust,  emplacement of
granites  and  orogenic  collapse.  Their  model  shows  that  the  high  heat  production
migmatitic granites could have been produced by collisional thrusting and stacking of
supracrustal source rocks down to middle-lower crustal depths, conductive heating of
the crust and simultaneous exhumation and partial melting of middle crust.
 Kaislaniemi (2011) used one-dimensional thermal modelling to study thermal effects of
a 20 km thick overthrust plate on the Archean craton in eastern Finland during the
Svecofennian  orogeny.  Thermo-mechanical  analogue  modelling  of  the  extensional
collapse  of  the  Svecofennian  orogeny  produced  similar  structures  as  have  been
interpreted from the deep seismic reflection profiles of the area (Nikkilä et al. 2009).
Theories of lithospheric dynamic processes and tectonic models that incorporate them
can be tested with numerical experiments. In numerical modelling the initial state and
material properties of the model are given as input and the modelling code calculates the
6thermal and mechanical evolution of the model in time. Thermo-mechanical modelling
code Ellipsis (Moresi et al. 2003) has been used for example in studying continental
extension (Rey et al. 2009b), crustal channel flow (Rey et al. 2010) and metamorphic
core complexes (Gessner et al. 2007). 
This work explores lateral spreading after accretion and thickening of the crust. Ellipsis
is  used  in  this  work for  studying lithospheric  deformation  with  a  series  of  models.
Models attempt to answer questions: to produce geological structures similar to those
observed in the Central Svecofennian, is a plateau-foreland transition necessary, or does
an extension of thick plateau crust produce them? Does the speed of extension matter?
Do both rheologically dry and wet crustal materials both produce results which match
observations? 
The initial models represent a thickened orogenic crust which has been heated up and is
ready to spread. Two initial geometries are tested. Plateau model geometry has no lateral
thickness variations and resembles a thick plateau crust. Plateau margin model geometry
resembles  a  plateau-foreland  transition  with  a  thick  three-layered  crust  attached  to
thinner crust. Lateral spreading in both plateau and plateau margin models is tested by
extending the model at slow (0.95 mm/a at both sides) and fast (9.5 mm/a at both sides)
velocities. Plateau margin model is additionally tested with fixed boundaries. Both dry
and wet crustal  rheologies are tested in all  combinations of geometry and extension
speed. In all models the crustal materials have a high Paleoproterozoic radiogenic heat
production rates resulting in hot geotherms.
The effects of initial geometry, crustal rheology and extension velocity on results are
discussed. The results of modelling are also compared with geological and geophysical
observations  from  Paleoproterozoic  Svecofennian  orogen.  Pressure-temperature-time
paths from models are compared to published data from the field observations (Hölttä
1988,  Korsman  et  al.  1999,  Mäkitie  et  al.  2001).  Middle  crustal  flow  and  crustal
structures are compared to interpretations from deep seismic profiles (Korja et al. 2009).
72. THEORY
2.1. Crustal composition and velocity parameters
Composition and properties of the continental crust can be directly observed for the top
few kilometres  only.  The bulk of  the  continental  crust  is  inaccessible  for  sampling.
However,  many  features  of  the  crust  can  be  studied  indirectly  with  geophysical
methods. 
Seismic  studies  reveal  that  the  continental  crust  has  two  or  three-layer  structure
(Christensen  and  Mooney  1995).  At  Moho,  the  crust-mantle  boundary,  the  P-wave
velocity increases  rapidly from <7.6 km/s  to  >8 km/s.  In many tectonic settings  an
additional seismic velocity discontinuity, the Conrad discontinuity, can be observed. It
separates the upper crust from the middle crust or lower crust (Chistensen and Mooney
1995). The existence of Conrad discontinuity has been explained by the combinations of
local variations in petrology, rheology, metamorphic grade and fluid content (Litak and
Brown 1989). 
Based on the existence of Conrad discontinuity Holbrook et al. (1992) divide the crust
into two or three layers (Figure 2.1). (1) If there is no Conrad discontinuity, the top half
of the crust is defined as the upper crust and the lower half as the lower crust. (2) If
there is one seismic velocity layer beneath a Conrad discontinuity, that layer is defined
as  the  lower  crust.  (3)  If  there  are  two  seismic  velocity  layers  beneath  a  Conrad
discontinuity, the layer directly beneath the Conrad is defined as the middle crust, and
the lower layer is defined as the lower crust. (4) If the velocity structure of the crust can
be naturally divided into three layers, then those layers are used. 
Generally  seismic  P-wave  velocity  increases  gradually  with  increasing  depth.  The
average crustal P-wave velocity is 6.45 km s ¹ (Christensen and Mooney 1995). In an⁻
average three-layer crust, a typical velocity range for the upper crust is 6.0–6.3 km s ¹⁻
and 6.6–6.8 km s ¹ for the middle crust. The lower crust has a broad velocity range of⁻
6.1–7.5 km s ¹ with a bimodal pattern having peaks at 6.8–6.9 km s ¹ and 7.2–7.3 km s ¹⁻ ⁻ ⁻
8(Christensen and Mooney 1995). In the Svecofennian, the upper crust is associated with
velocities of 5.8–6.2 km s ¹, the middle crust with 6.3–6.6 km s ¹ and the lower crust⁻ ⁻
with 6.8–7.6 km s ¹ (Korja et al. 1993).⁻
In addition to crustal structure, also the composition of the deep crust can be interpreted
from seismic P- and S-wave velocities, as the velocities depend on material's density
and elastic properties. These in turn depend on mineralogical composition, confining
pressure,  temperature,  anisotropy  and  pore  fluid  pressure.  Since  both  pressure  and
temperature increase with depth, the two opposite effects on seismic velocities compete.
Increasing pressure increases seismic velocities and increasing temperature decreases
them.  Geothermal gradient depends on the tectonic setting. The estimation of crustal
temperature is a major source of uncertainty (Holbrook et al. 1992), whereas pressure
can  be  estimated  by  calculating  the  lithostatic  pressure  from  depth  and  average
densities.
In global studies of continental  crust,  the crust  is  assumed to be isotropic and non-
porous (Holbrook et al.  1992, Christensen and Mooney 1995, Rudnick and Fountain
1995).  In  a  global  average  crustal  composition  model  by Christensen  and  Mooney
(1995) the upper crust velocities match granitic gneiss,  interlayered assemblage with
Figure 2.1: Crustal layers based on Conrad discontinuity. 1) No Conrad discontinuity. 2) One velocity 
layer beneath a Conrad discontinuity. 3) Two velocity layers beneath a Conrad discontinuity. 4) Natural
division into layers.
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9some metasediments, metabasalt, and a variety of other rock types. The velocities in
middle crust at depths between 10 km and 25 km match a gradual change from granitic
and tonalitic gneiss to amphibole-rich mineral assemblages. The lower crustal velocities
below depth 30 km match mafic granulites, where garnet content increases with depth. 
Based on several seismic velocity datasets Kuusisto et al. (2006) created a lithological
interpretation of crustal composition in the Fennoscandian Shield. In comparison to the
global velocity model of Christensen and Mooney (1995) they find that the crust in the
central Fennoscandian is more mafic than the global average. In the FINMIX-2 model
of  Kuusisto  et  al.  (2006)  the  upper  crust  consists  of  felsic  gneisses  and  granitic-
granodioritic rocks, the middle crust is more mafic, and the lower crust consists of a
mixture of mafic garnet granulite, pyroxenite and other mafic rock types.
2.2. Geothermal parameters
The temperature in the lithosphere as a function of depth is described by geothermal
gradient or geotherm. The geothermal gradient of the crust is a result of heat flux from
the mantle, heat production in the crust and heat loss at the surface. Heat is produced in
the crust by  decay of radioactive isotopes 238U, 235U, 232Th and 40K, by mechanical shear
heating,  and  chemically  in  phase  transitions,  dehydration  reactions  and  solid-solid
reactions  (Stüwe 2007).  Radiogenic  heat  production  is  the  most  significant  at  large
scale. Heat is redistributed from heat sources by conduction, advection and convection.
The concentrations of radioactive isotopes were higher in Paleoproterozoic lithosphere,
which resulted in hotter geotherm (Stüwe 2007). The Paleoproterozoic concentrations
can be calculated from the present day values using the half-life values of the isotopes.
Since  the  mantle  heat  flux  is  mainly  a  result  of  radiogenic  heat  production,  the
Paleoproterozoic mantle heat flux can also be estimated using the radioactive decay law
(Kukkonen and Lauri 2009).
Geotherm can not be directly measured, but it can be estimated based on various direct
measurements. Concentration of radioactive isotopes can be measured in samples from
the surface, boreholes and lower crustal xenoliths. Heat flow can be measured at the
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surface and from boreholes. Kukkonen and Lahtinen (2001) created a lithospheric heat
production model for the Central Fennoscandian shield. They note that there is a lot of
variation in the radiogenic heat production rates within and between different tectonic
and lithospheric units in Fennoscandia. Middle crustal heat production rate is estimated
based on various indirect data. Mantle heat flow can not be directly measured but the
present mantle heat flux has been estimated using P-T data of mantle xenoliths from
kimberlites (Kukkonen and Peltonen 1999).
The  radiogenic  heat  production  rates  of  Kukkonen  and  Lauri  (2009)  are  based  on
geochemical data of rocks that are representative of those in the Svecofennian collision
belt. The heat production rate values were corrected to the late Paleoproterozoic time
values using the half-life values of the radioactive isotopes and radiogenic decay law.
The heat production rates of all source rocks was found to be approximately 1.5 times
higher in late Paleoproterozoic than in present day.  
2.3. Lithospheric stress
The  lithosphere  is  under  stress  caused  by  plate  tectonic  forces  and  an  excess  of
gravitational potential energy in orogenically thickened crust relative to its surroundings
(Stüwe  2007).  Stresses  cause  lithosphere  to  deform  in  brittle  or  viscous  fashion
depending  on  the  temperature,  lithostatic  pressure  and  rock  properties  at  different
depths. According to the Coulomb-Navier criterion the stress required for brittle failure
of rock depends linearly on the normal stress and the internal coefficient of friction
(Ranalli 1995). The stress required for viscous deformation depends on the rheological
properties of rocks, the strain rate and temperature. Rocks are rheologically weaker in
high temperatures, but the temperature dependence is non-linear (Stüwe 2007). 
Parameters for viscous flow of rocks have several uncertainties. Firstly, the laboratory
measurements are made with small homogenous rock samples under strain rates and
temperature-pressure conditions suitable for laboratories and not deep crust. Secondly,
the creep mechanisms at  depth are not well  known. Thirdly,  even minor changes in
mineralogical  composition,  partial  melting  and  small  amounts  of  fluids  may  affect
11
strength of rocks (Burov 2011). 
In the Brace-Goetze model of the lithosphere (Figure  2.2, Molnar 1992) the crust is
rheologically stratified. The cold upper part of the upper crust deforms in brittle fashion
following  the  Coulomb-Navier  criterion.  As  temperature  and  lithostatic  pressure
increase with depth, the stress required for viscous deformation decreases and stress
required for brittle deformation increases with depth. In the brittle ductile transition, the
stresses are the same and below the transition the viscous deformation requires lower
stress values. Middle crust  and upper mantle may have similar rheological strengths
(Stüwe 2007).
 
Figure 2.2: Strength of the continental crust according to 
Brace-Goetze model. In upper parts of layers, the 
strength increases with depth due to increasing normal 
stress. Below the brittle-ductile transition, the strength 
decreases with depth due to increasing temperature. 
After Molnar (1992).
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2.4. Crustal flow
Sufficiently hot and weak deep crust may be able to flow horizontally in response to
horizontal  pressure  differences  (Block  and  Royden  1990).  The  pressure  gradient
between orogenically thickened crust and adjacent crust of normal thickness can cause
flow from the thick region towards a lower pressure of the thinner region. The flow of
weak middle crust layered between stronger upper crust and lower crust or mantle is
known as crustal channel flow (Beaumont et al. 2004). 
In an extensional setting the brittle upper crust deforms by normal faulting and thins. If
deformation is concentrated on distinct fault zones, horizontal pressure gradients drive
the flow of deep crust into these areas of lower lithostatic pressure under thinned upper
crust  (Block  and  Royden  1990).  The  flowing  crust  can  ascend  buoyantly  and  be
exhumed in the footwall of the upper crustal normal faults (Whitney et al. 2012). 
A domal structure composed of ductilely deformed metamorphic rocks that is located
stratigraphically  under  a  high-strain  fault  zone  and  low-grade  or  unmetamorphosed
rocks is called a metamorphic core complex (Block and Royden 1990, Whitney et al.
2012). Most continental core complexes have formed in extensional setting related to
orogenic collapse (Whitney et al. 2012).
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3. GEOLOGICAL AND GEOPHYSICAL BACKGROUND OF THE STUDY 
AREA
3.1. The Central Svecofennian
The Central Svecofennian is a subprovince of the Svecofennian Domain, which is part
of  the Fennoscandian  Shield  on the East  European Craton (Figure  3.1,  Korja  et  al.
2006). The Central Svecofennian subprovinces comprise the Bothnian Basin (BB) and
the Central Finland Granitoid Complex (CFGC) and the Tampere Belt (TB) in Finland.
In  the  Central  Svecofennian,  large  granitoid  intrusions  and  high-temperature  low-
pressure gneisses are exposed. Typically peak metamorphism had temperature of 700–
800 °C at pressures of 400–600 MPa (Korsman et al. 1999). 
The  Bothnian  Basin  in  Finland  consists  of  a  belt  of  metasedimentary  rocks,  with
metamorphic grade increasing towards a migmatite core, the Vaasa Migmatite Complex.
Metamorphic peak age in that region is 1.89–1.88 Ga (Mäkitie et al. 2012). It has been
suggested that the Vaasa Migmatite Complex represents a large core complex or an
uprise of the middle crust. 
The Central Finland granitoid complex comprises mainly granitoids in two age groups
(Nironen et al. 2000). The rocks in the older group are typically foliated, have U-Pb
ages of 1.89–1.88 Ga and are considered synkinematic. They are crosscut by 1.885–1.87
Ga granitoid intrusions that are considered post-kinematic. According to Nironen et al.
(2000)  the  post-kinematic  plutons  were  formed  in  an  extensional  or  transtensional
setting. Korja et al. (2009) suggest that the CFGC is represents a deep, lower-level part
of a plateau, with middle crust exposed as migmatites in the surrounding the complex.
They also suggest that upper crust - middle crust detachment zone may be exposed in
the low-angle oblique shear zone in Elämäjärvi.
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Figure 3.1: Simplified geological map of the Fennoscandian Shield. Paleoproterozoic units in Central 
Fennoscandia: BB – Bothnian basin, SB – Savo belt, TB – Tampere belt, CFGC – Centra Finland granitoid
complex, VaD – Vaasa dome. Modified after Lahtinen et al. (2005).
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3.2. Tectonic evolution
Svecofennian orogen is part of the Fennoscandian Shield in the East European Craton
(Figure 3.1). According to a tectonic evolution model by Lahtinen et al. (2005), the parts
of  the  current  Fennoscandian  Shield  were  assembled  together  in  the  Svecofennian
orogeny involving several partly overlapping stages during the Paleoproterozoic. The
Archean Karelian Craton consisting of > 2.5 Ga old granitoid-gneiss complexes and
supracrustal rocks is the nucleus of the Shield. In the first stage of the Svecofennian
orogeny, a large scale extension caused the Karelian continent to rift starting at 2.5 Ga
and to break up at ~2.06 Ga, resulting in opening of an ocean at 1.97 Ga. Evidence for
these events include the <2.45 Ga rift-type basalts, >2.2 Ga cratonic or marginal basin
quartzite deposits, 2.2–2.0 Ga finer-grained sediments of deeper basins and 1.97–1.95
Ga ophiolites (Lahtinen et al. 2005, Korja et al. 2006). 
Five different crustal blocks older than 1.92 Ga are recognized within the Svecofennian
domain. Their existence is explained by the second stage of the Svecofennian orogen,
the accretion of microcontinents and island arcs to the western side of the Karelian
craton.  Island  arcs  were  initiated  on  oceanic  environment.  Some  of  the  arcs  were
assembled  together  as  microcontinents.  Two  of  the  crustal  blocks  with  island  arc
affinities are exposed. The Knaften arc, exposed in Sweden, is 1.95–1.94 Ga old and has
metavolcanic  rocks  ranging from MORB to IA-type  with intercalated  turbiditic  and
pelitic  metasediments.  The Savo belt  at  the Archean border  is  1.92 Ga old and has
tonalites interlayered with turbidites and volcanites (Lahtinen et al. 2005, Korja et al.
2006). 
The Bothnia, Bergslagen and Keitele microcontinents are not exposed. Their existence
is inferred from the geochemical and isotopic characteristics of the rocks located above
their  supposed locations. The Keitele microcontinent,  located at  depth in the central
Finland, is proposed as the source of mature crust and subcontinental lithosphere. The
Savo belt is interpreted as an island arc attached to the Keitele microcontinent. Bothnia
microcontinent is proposed as an explanation for isotopic characteristics of granites in
the Bothnian Basin area. It is also associated with a block of higher Bouguer anomaly
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values.  The  Bergslagen  microcontinent  is  proposed  as  the  source  of  isotopic
characteristics of the southernmost Uusimaa Belt in Finland and the Bergslagen area in
Sweden (Lahtinen et al. 2005).  
Baltica  that  was  formed  in  the  accretion  stage  was  thermally  and  gravitationally
unstable in its interior parts. In the third stage, the orogen experienced a gravitational
collapse. A minor collapse occurred at 1.88–1.87 Ga when the compression was eased in
the  interior.   Some mafic  dykes  and  post-kinematic  granitoid  intrusions  are  left  as
evidence of this event. When the subduction systems at the continental margin shifted
further to south and west at 1.86–1.85 Ga, the interior was in an extensional back-arc
setting.  The extensional basins created in this event were filled with psammites and
pelites and intruded with granites and mafic dykes (Korja et al. 2006). Extension after
compression is suggested by the crustal structures interpreted from deep seismic profiles
(Korja et al. 2009).
In the fourth stage of the Svecofennian orogeny, Fennoscandia collided with the current
Kola craton in the north and with Sarmatia in the south. Collision is suggested to have
restacked the previously extended crustal parts, which led to migmatization in the hot
crust and S-type granite magmatism in the Bothnian Basin, Bergslagen area in Sweden
and in Häme and Uusimaa belts in southern Finland (Korja et al. 2006). A crustal scale
west-northwest directed shear system also developed in the oblique collision between
Fennoscandia  and  Sarmatia  at  1.84–1.80  Ga  (Lahtinen  et  al.  2005).  Collision  with
Amazonia  affected  the  western  edge  of  Fennoscandia  at  1.82–1.80  Ga.  The
Transscandinavian Igneous Belt in Sweden and Norway at the western margin of the
Svecofennian  Domain  represents  convergent  margin  subduction  magmatism  and  is
related to this event (Lahtinen et al. 2005). 
In  the  fifth  stage,  the  Fennoscandian  continent  was  stabilized  thermally  and
gravitationally  by  gravitational  collapse  at  1.79–1.77  Ga.  Post-tectonic  granitoid
magmatism  and  signs  of  exhumation  are  related  to  this  stage.  The  outer  parts  of
lithosphere were also thinned by delamination (Lahtinen et al. 2005, Korja et al. 2006).
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3.3. Seismic structures
The present day crust in the Svecofennian domain is 50–65 km thick except in the area
of Gulf of Finland where it is ≤ 45 km. The average thickness of the upper and middle
crust is 38 km (Korja et al. 1993). The lower crust (20–35 km) is also over two times
thicker than global averages (Korja et al. 1993, Rudnick and Fountain 1995). 
An  interpretation  of  FIRE  deep  seismic  reflection  profiles  indicates  that  crustal
structures result from tectonic compression followed by extension (Korja et al. 2009).
Korja et al. suggest that during the extension stage the crustal layers were decoupled
and deformed in different fashion. The upper  crust  shows signs of brittle  to ductile
deformation in listric and low-angle shear zones. The middle crust thinned via ductile
flow and extrusion to the sides. It contains herringbone structures and anticlinal ramps
that are indicative of large scale ductile flow. The lower crust and the upper mantle have
risen buoyantly to areas thinned by extension. In FIRE 1&2 profile the Moho is smooth
and lower and middle crust have large lateral thickness variation (Figure 3.2). Korja et
al. (2009) suggest that the Central Finland Granitoid Complex and the Vaasa Dome are
represent parts of deep crust exposed to the surface of a plateau and metamorphic core
complexes respectively. 
Korja et al. (2009) suggested that during the orogenic collapse phase there was large
heat flow and slow strain rate, which allowed the extension to be distributed over a large
volume. Upper and middle crustal detachments and work-hardened structure of wide rift
were formed in the process. 
Figure 3.2: An interpretation of the crustal structure along deep seismic reflection profile FIRE1&2 (Korja et 
al. 2009). Legend: 1) smooth Moho, 2) thinning of middle crust and buoyant rising of lower crust, 3) region 
of thick middle crust and thinner lower crust.
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4. NUMERICAL MODELLING
4.1. Introduction
Lithospheric dynamic processes like mid-crustal flow and core complex formation can
not be observed directly because they occur too deep in the crust and they progress is
too slowly. Theories of the processes and tectonic models that incorporate them can be
tested with analogue or numerical experiments. Analogue geodynamic models typically
involve  layers  of  materials  that  are  analogous  to  Earth  materials,  and  that  are
mechanically deformed in a press or a centrifuge apparatus. Analogue crustal material
properties are created by mixing sand, clay, oil and other materials (Corti et al. 2003). 
In numerical modelling, the behaviour of a physical system is modelled on a computer
by using mathematical equations that describe the thermal and mechanical evolution of
the model in time and space. The material properties and initial state of the model are
input as a set of input parameters to equations. The output of numerical modelling is
numerical data that can be visualized as graphs or geometrical images or studied further
numerically. 
Buiter et al. (2006) have compared results of eight numerical codes to each other and to
analogue models. The overall evolution of different numerical models is similar to each
other and to analogue models in experiments of both crustal extension and shortening.
The  different  numerical  models  show  as  much  variation  as  the  different  analogue
models. According to Corti et al. (2003), numerical methods are better in modelling the
strong  temperature  dependence  of  rock  rheology,  whereas  the  analogue  models  are
better modelling complex fault development in the upper brittle layers.
Natural systems are three-dimensional, but depending on the features under study the
numerical model may have one, two or three spatial dimensions. 1D model can be used
for studying lateral or vertical evolution of a single variable over time. In lithospheric
modelling,  a 2D model can be seen as a vertical  section, or a slice of a natural 3D
system. The assumption is that the geological system does not vary significantly in the
dimension perpendicular to the model plane. A 3D model is the closest representation of
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a  natural  system,  but  it  is  also  computationally  the  most  demanding (Gerya  2010).
Therefore, 2D modelling is used if possible. Numerical 2D modelling has been used to
study for example lithospheric extension and core complexes (Huismans and Beaumont
2003, Rey et al. 2009a, 2009b, 2011), crustal channel flows (Beaumont et al. 2004, Rey
et al. 2010), metamorphic histories at active continental margins (Gerya and Stöckhert
2005), subduction initiation (Leng and Gurnis 2011), continental heat flow and thermal
structure (O'Neill et al. 2003), lithosphere delamination (Morency and Doin 2004) and
continental subduction (Whitney et al. 2009).
The problem often studied in geology is by nature an inverse problem, but many inverse
problems in Earth science are non-unique and difficult to solve. The inverse problem
arises  because  the  end  result,  which  is  the  current  state  of  the  lithosphere,  can  be
observed but the actual problem is to solve the initial state and the processes that altered
it.  Geodynamic  modelling  codes  commonly  do  only forward  (or  direct)  modelling,
however.  Backward  (or  inverse)  modelling  is  difficult  because  solutions  to  inverse
problems are usually non-unique, efficiency of finding a solution is low, and solutions
are sensitive to initial  conditions (Wijns et  al.  2003).  Instead of solving the inverse
problem mathematically, studying the behaviour of a geologically reasonable forward
model with a range of initial conditions can be used.
4.2. Numerical modelling methods
At geological timescales rocks subjected to differential stress at elevated temperatures
behave  as  slowly  creeping  fluids.  To  model  this  behaviour  numerical  geodynamic
modelling uses methods of fluid mechanics, which is a branch of continuum mechanics
(Gerya 2010). Following the continuum assumption the model materials are treated only
at  macroscopic  level  and considered  continuous,  having  no empty space  and being
infinitely divisible to smaller parts. Fluid mechanics also assumes that mass, energy and
momentum are conserved (Kundu and Cohen 2008).
The physical equations that describe the time-dependent motion of fluid, flow of heat
and other aspects of a geodynamic model are partial differential equations that usually
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can not  be  solved analytically.  Numerical  modelling  methods  divide  the  continuous
material  into  discrete  pieces  and  approximate  the  partial  differential  equations  with
simpler  algebraic  equations.  The  most  popular  discretisation  methods  are  finite
difference, finite element and finite volume methods (Ismail-Zadeh and Tackley 2010).
In finite difference method the continuous domain is replaced with a grid of discrete
points. The differential equations are approximated by linear finite difference equations
that can be derived using the Euler method. Finite difference method is the simplest
method to understand and to program. However, solutions to approximated equations
are  known only at  the  discrete  nodal  points  of  the  grid  and the  method  requires  a
structured grid and therefore cannot handle complex geometries (Gerya 2010, Ismail-
Zadeh and Tackley 2010).
In finite volume method the continuous domain is divided into units known as control
volumes.  The  partial  differential  equations  are  integrated  over  the  control  volumes,
using  the  divergence  theorem to  convert  some of  the  volume integrals  into  surface
integrals. Integrals are solved using numerical integration methods. The fluxes through
surfaces of neighbouring volumes are equated, making the system conservative. Finite
volume method can handle unstructured grids and complex geometries but achieving
high accuracy is not straightforward (Gerya 2010, Ismail-Zadeh and Tackley 2010).
In finite element method the continuous domain is divided into subregions called finite
elements. In two dimensions they are often triangular or quadrilateral with nodal points
that are common to neighbouring elements located at vertices of the elements. Together
the  elements  form  the  finite  element  mesh.  The  partial  differential  equations  are
approximated by algebraic equations locally on each element. The algebraic equations
must provide an approximate solution that is mathematically smooth to a certain degree
over the entire continuous domain. The global finite element equation is then formed by
assembling the algebraic equations together. Finite element method can handle complex
geometries, the approximated solution is piecewise continuous instead of being known
only at discrete points and approximations can be of high order (Liu and Quek 2003,
Ismail-Zadeh and Tackley 2010). The finite element method is the most popular method
in geodynamic modelling. 7 out of the 12 different numerical codes studied in Buiter et
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al.  (2006)  and  Crameri  et  al.  (2012)  use  finite  element  method  and  4  use  finite
difference method.
Numerical models are further separated by their description of kinematics. There are
two classical ways to describe motion in continuum mechanics. In Eulerian description
the  movement  of  material  is  observed  in  a  fixed  coordinate  system.  In  Lagrangian
description the motion of each material particle is observed. In finite element models
using the Lagrangian description the nodes of the finite element mesh follow material
particles (Ismail-Zadeh and Tackley 2010). If the material is deformed, the mesh is also
deformed and needs to be refined if deformations are large. Such a remeshing operation
has a side effect of smoothing the recorded deformation history (Moresi et al. 2003).
However, using the Lagrangian description it is simpler to track material interfaces and
history-dependent  material  properties  such as strain history and depletion.  There are
methods which attempt to combine the best of both worlds. The Arbitrary Lagrangian
Eulerian method has a computational grid which moves independently of the material,
allowing large distortions. Particle-in-cell and Material Point Methods have an Eulerian
computational mesh for solving unknown variables and Lagrangian material particles or
'tracers' for recording material histories (Moresi et al. 2003,  Ismail-Zadeh and Tackley
2010). 
The initial state of the model is defined by initial conditions. They may include material,
temperature  and  strain  distributions,  initial  material  properties,  and  also  the  initial
distribution of tracers (O'Neill et al. 2006). The behaviour of the model at its edges is
defined by boundary conditions. They are values assigned to differential equations at the
boundaries of the model domain. Typical mechanical boundary conditions are no-slip,
free-slip,  free  surface,  fast  erosion,  infinity-like,  moving  boundaries,  periodic  and
combined conditions (Gerya 2010). The no-slip condition where the relative velocity
between the  model  edge  and model  material  is  zero  is  mathematically  known as  a
Dirichlet  boundary condition.  The  free-slip  condition,  where  the  material  has  finite
velocity tangential to the boundary is known as a Neumann boundary condition (Ismail-
Zadeh and Tackley 2010).  Thermal  boundary conditions  typically  define  a  constant
temperature,  a  constant  heat  flux,  an  insulating  boundary,  infinity-like  conditions,  a
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periodic boundary or a combination of different boundary conditions (Gerya 2010). 
In  addition  to  spatial  discretization  of  the  model,  time  is  also  discretized.  After  a
solution has been computed for the initial state of the model, time is advanced by a
timestep,  and a new solution is computed.  The length of a timestep depends on the
problem being modelled. According to the Courant criteria the timestep should be so
small  that  the  material  does  not  move  more  than  one  computational  grid  step  per
timestep (Gerya 2010).
A number of codes have been written for numerical geodynamic modelling, but only
some  of  them  are  freely  available.  Ismail-Zadeh  and  Tackley  (2010)  give  short
descriptions of codes CitComCU, CitComS, ConMan, Ellipsis3D, Gale, GeoFEM, HC,
LAYER, MAG, MILAMIN, PyLith, SNAC and Underworld that are freely available.
Computational Infrastructure for Geodynamics (http://geodynamics.org) has currently
the largest repository of freely available geodynamic modelling codes. 
4.3. Ellipsis3D 
In this work, lithospheric deformation is studied with two-dimensional modelling using
finite  element  code  Ellipsis3D.  Ellipsis3D  is  a  software  package  for  modelling
lithospheric  deformation  and  mantle  convection.  It  is  based  on  an  older  mantle
convection  code  CitCom  (Moresi  and  Solomatov  1995).  The  original  Ellipsis  2D
modelling code of Moresi et al. (2003) was extended to 3D by O'Neill et al. (2006).
Further development of the code is being done on geodynamic modelling framework
Underworld (http://www.underworldproject.org, Moresi et al. 2007) that was started as
a parallel  version of  the Ellipsis3D code.  Ellipsis3D is  freely available  under  GNU
Public  License  from  the  Computational  Infrastructure  for  Geodynamics  repository
(Computational  Infrastructure  for  Geodynamics  2015).  The  code  has  low  resource
requirements and can be run on a desktop computer. 
Ellipsis3D  solves  thermomechanically  coupled  fluid  mechanics  equations  using  the
finite element method. It uses a particle-in-cell scheme with a fixed Eulerian grid and
Lagrangian material particles which allows efficient modelling of large deformations.
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Using an Eulerian grid makes it possible to use a fast multigrid solver algorithms for
solving  the  equations  of  motion.  Lagrangian  particles  allow  tracking  of  material
interfaces and material histories like strain and depletion. The material particles are also
used as locations for sample points when computing approximate solutions for the finite
elements (Moresi et al. 2003, O'Neill et al. 2006). 
Ellipsis3D  has  been  used  for  example  in  studying  continental  extension  and
metamorphic core complexes (Dyksterhuis et al. 2007, Gessner et al. 2007, Rey et al.
2009a,  2009b, 2011) and crustal channel flow (Rey et al. 2010, 2011). Ellipsis3D was
chosen  for  this  work  because  it  has  been  successfully  used  in  several  papers  for
modelling continental extension and crustal flow, it has low resource requirements but is
able to do high resolution 2D modelling, it is freely available, and it is relatively easy to
use.
4.4. Model equations
The  governing  equations  in  Ellipsis3D  are  standard  for  mechanical  modelling  of
creeping  fluids:  conservation  of  mass,  momentum  and  energy  subject  to  an
incompressibility constraint and continuum assumption (Moresi et al. 2003, O'Neill et
al. 2006).
Conservation of mass in fluid mechanics states that the rate of change of mass in a fixed
volume V must be the same as the rate at which material flows into the volume across its
boundary  S. It  is  assumed that  mass  is  not  destroyed or created inside the volume.
Mathematically this is stated as:
∂
∂ t∫V
ρdV =−∮
S
ρu⋅d S (4.1)
where  t is time,  ρ is material density, u is the material flow velocity vector and dS is
normal to surface S. Moving the time derivative inside the integral on the left side and
utilising divergence theorem on the right  side results  in  the differential  form of the
continuity equation:
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∂ρ
∂ t
+∇⋅(ρu)=0 (4.2)
where  is the nabla operator.∇
Ellipsis3D uses the Boussinesq approximation for incompressible fluid, taking material
density variations into account only in the body force term of the momentum equation
(Moresi  et  al.  2003).   According  to  the  Boussinesq  approximation,  if  variations  in
material density due to temperature are not large, then material density can be treated as
essentially constant in equations for conservation of mass and energy and treated as
variable only in the body force term of equation for conservation of momentum (Ismail-
Zadeh and Tackley 2010). If density is considered constant then the rate of change of
density is negligible and the general continuity equation reduces to continuity equation
for incompressible flow:
∇⋅u=0 . (4.3)
The incompressible continuity equation is widely used in geodynamic modelling (Gerya
2010).
Conservation of  momentum in  fluid  mechanics  relates  various  internal  and external
forces to deformation (Moresi et al. 2003, Gerya 2010):
∂ τ ij
∂ x j
−∂P
∂ x i
+ f i=0 (4.4)
where
τ ij=η(∂ ui∂ x j +
∂u j
∂ x i ) (4.5)
is the deviatoric Cauchy stress tensor,  P is pressure,  f represents body forces and η is
viscosity. The momentum equation is essentially the Navier-Stokes equation without the
inertial terms. The viscosity in creeping flow of rocks is very large, so strain rate and
body forces re-equilibrate very quickly compared to convection timescales (Moresi et
al. 2003, O'Neill et al. 2006). 
Stress and and strain rate are related via constitutive or rheological relationships, also
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known as rheological laws. Ellipsis3D supports viscoelastic-plastic material rheologies.
Elastic and viscous deformation laws are combined using the Maxwell viscoelastic flow
law, which is the most commonly used in lithosphere dynamics (Moresi et al. 2003,
O'Neill et al. 2006, Ismail-Zadeh and Tackley 2010). It assumes that deformation rate is
the sum of  elasticity and viscosity:
▽
τ
2μ
+ τ
2 η
=D̂ v+ D̂e=D̂ (4.6)
where  D̂ is the deviatoric part of the strain rate tensor,  D̂v and D̂e are the viscous and
elastic parts, 
▽
τ=
D τ
Dt
+ τW−W τ (4.7)
is the Jaumann co-rotational rate of the deviatoric stress tensor and
W ij=
1
2 (∂ ui∂ x j−
∂ u j
∂ x i ) (4.8)
is the material spin tensor.
Conservation of energy equation describes the heat balance in the continuum, taking
into account internal heat production, advective and conductive heat transport (O'Neill
et al. 2006, Gerya 2010):
DT
Dt
=κ∇ 2T +Q (4.9)
 where κ is the thermal diffusivity, T temperature and Q the volumetric heat production.
DT/Dt is the material derivative, also known as the Lagrangian time derivative, which
links Eulerian and Lagrangian descriptions of motion (Gerya 2010, Ismail-Zadeh and
Tackley 2010):
DT
Dt
=∂T
∂ t
+u⋅∇ T . (4.10)
The Arrhenius rheology model is used for the temperature dependence of rheology:
η=ϵ˙
1−n
n 1
2A
exp(E+V a zR T )
1
n (4.11)
26
where n is the power-law exponent,  A is the pre-exponential factor,  E is the activation
energy,  Va is  the  activation  volume,  z is  depth  and  R is  the  universal  gas  constant
(O'Neill et al. 2003). With  n>1 this Arrhenius formulation gives the dislocation creep
viscosity for a non-Newtonian fluid. In diffusion creep the relationship between stress
and  strain  rate  is  linear.  This  can  be  modelled  with  the  Arrhenius  equation  with
parameter n=1 which represents a Newtonian fluid (Gerya 2010). The parameter A for
diffusion creep is determined from dislocation creep parameters by setting the diffusion
creep and dislocation creep strain rates equal using the transition differential stress σtrs at
which the strain rate is the same for both mechanisms:
Adiff =
1
2ndis Adis
σ trs
1−ndis (4.12)
where ndis and Adis are the parameter values used for dislocation creep (Rey et al. 2010).
Both dislocation creep and diffusion creep parameters can be defined for materials, in
which cases the final viscosity is determined by:
η=( 1ηdis + 1ηdiff )
−1
. (4.13)
At  shallow  depths,  where  the  effective  viscosity  of  the  lithosphere  is  very  high,
deformation of the lithosphere is modeled using frictional plasticity. The yield stress
required for brittle failure is determined by the Coulomb-Navier criterion:
τ yield=C0+μσn (4.14)
where  C0 is  the  cohesion,  μ the  coefficient  of  friction  and  σn the  normal  stress.
Ellipsis3D does not have a separate parameter for pore fluid pressure, so to take it into
account it  must be incorporated into the coefficient of friction.  The normal stress is
approximated by lithostatic pressure. Finally the equation is supplemented with a strain
and strain rate weakening function to help localize shear zones:
τ yield=(C0+μP ) f (ϵ , ϵ˙) (4.15)
where
f (ϵ , ϵ˙)=1−(1−Ea)( ϵϵ0 )
En
−(1−E˙a)( ϵ˙ϵ˙0
)
E˙ n
. (4.16)
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ε is the accumulated strain, ε̇ is the strain rate, Ea is the ratio f(0,0)/f(ε0,0), Ea is the ratio
f(0,0)/f(0,ε̇0),  ε0 and ε̇0 are strain and strain rate weakening terms, and En and En describe
the  non-linear  response  of  f to  strain  and  strain  rate  (O'Neill  et  al.  2006).  If  the
accumulated strain ε  is greater than ε0  then the strain weakening function has constant
value of Ea.
Failure mechanism is chosen by a simple method of effective viscosity:
η yield(D)=
τ yield
2D (4.17)
 where D is the second invariant of the deviatoric strain-rate tensor (O'Neill et al. 2006).
If yield stress is not reached, the material remains viscous with a viscosity is given by
the rheology equation (Equation 4.11). If yield stress is reached, deformation is brittle as
described by Equation 4.14.
Ellipsis3D models batch melt extraction and depletion of the mantle residuum with the
help of melt fraction (O'Neill et al. 2006):
F=2.0684T ss−4.0564 T ss
2+2.988T ss
3 (4.18)
where
T ss=
T−T (P )s
T (P)l−T (P )s
(4.19)
is the supersolidus temperature and T(P)s and T(P)l  are the pressure-dependent solidus
and liquidus temperatures defined as polynomial functions:
T (P )s=s p0+ s p1 P+s p2 P
2+s p3 P
3 (4.20)
and
T (P )l=l p0+l p1 P+l p2 P
2+l p3 P
3 (4.21)
where spi, and lpi  are coefficients for adjusting the shape of the polynomial curves .
The melt fraction is taken into account in the heat equation with an additional latent heat
term:
DT
Dt
=κ∇ 2T +Q−T Δ S
c p
DF
Dt (4.22)
where ΔS is the entropy change on melting and cp the material heat capacity (O'Neill et
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al. 2006). Depletion increases the viscosity of the residual material according to:
η=η0+η0βF (4.23)
where  η0 is the original viscosity,  β the coefficient for increase in viscosity of residue
due to depletion and F is the degree of melt depletion. Correspondingly, the presence of
melt decreases viscosity:
η=
η0
total
F− start
end−start
(4.24)
where  F  is  the  fraction  of  partial  melting,  total is  the  decrease  in  viscosity  due  to
presence of partial melt, start and end are the melt fractions at which the viscosity starts
to decrease and stops decreasing, respectively (Moresi et al. 2003b).
4.5. Main geological input parameters 
A 2D  model  represents  a  crustal  cross  section  of  the  geological  study  area.  All
parameter values are given in arbitrary units in Ellipsis3D. In this work SI units are
used. 
The initial  position,  size and orientation  of  geological  layers  is  constructed using a
combination of rectangles, triangles and circles. Every individual geometrical shape is
associated with a material that has certain physical properties and represents a rock type.
Colours are also defined for materials for visualization purposes.
Materials have parameters for density, bulk viscosity, rheological models, coefficient of
thermal expansion, thermal diffusivity, isobaric heat capacity, heat production rate by
mass,  melt  depletion,  latent  heat,  coefficients  for  solidus  and  liquidus  polynomial
curves, and plastic deformation.
If  the  model  includes  surface,  it  needs  a  layer  of  low  density,  low  viscosity,
compressible air-like material on the top. It is necessary for continuity, with a purpose to
expand to fill the gap that is created when the crust is extended (O'Neill et al. 2006).
This  'sticky air'  method is  often used with  Eulerian meshes  to  allow the  surface to
behave in a more realistic way (Ismail-Zadeh and Tackley 2010, Crameri et al. 2012).
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The air layer must be taken into account in the initial dimensions of the model.
In addition to initial conditions related to materials, the initial temperature gradient of
the model is specified as temperatures at the top and bottom of the model. Temperature
and strain anomalies can also be defined as geometrical shapes which have a specific
temperature or some amount of pre-existing strain anywhere in the model.
The  default  boundary conditions  are  free-slip  at  the  top  and  bottom and  reflecting
sidewalls. Any boundary can be defined as moving at given velocity. Moving lateral
boundaries  can  be  used  to  model  extensional  or  compressional  tectonic  setting.  A
velocity region can be added for example to force subduction in some part of the model.
Boundaries can also have a constant temperature or a constant heat flux (Moresi et al.
2003b, O'Neill et al. 2006).
4.6. Model output
Ellipsis3D outputs the result  of modelling at  all  or at  specified timesteps in  several
formats. Values of variables associated with nodes of the Eulerian grid are stored in
nodal  data  files.  User  can  select  to  record  velocity,  temperature,  pressure,  material
depletion, amount of plastic strain and viscosity values into text files which also include
coordinates of the nodes.
Values  of  variables  associated  with  the  Lagrangian  material  particles  are  written  to
particle files in binary format. In addition to coordinates of the individual particles, their
temperature,  pressure,  viscosity,  strain rate,  amount of plastic strain and total  strain,
material depletion and amount of melt can be recorded.
Graphical output files provide the easiest way to observe the evolution of the model. A
distinct  colour  is  defined  for  every  material  for  clear  visualization  of  material
distributions. Different colours are defined for materials in low and high temperatures or
state of stress. Separate image files can have their colouring based on the temperature,
stress, pressure, strain rate, accumulated strain, or amount of melt.
The paths travelled by every individual material particle during the evolution of the
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model can not be followed since no identifiers are recorded for them. Instead special
sampling tracers can be used to record P-T-t paths or other material  properties as a
function of time and location. Sampling tracers can be fixed to the Eulerian grid to
record evolution of variables in certain model locations, or they can be Lagrangian and
move  with  the  material  particles.  In  addition  to  temperature  and  pressure  they  can
record velocity, strain rate, stress, viscosity, material depletion and amount of melt into
text files.
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5. EXPERIMENTS
Extension of the Paleoproterozoic hot thick crust is modelled in 2D (plane strain) using
a  thick  three-layered  crust.  Two initial  geometries  are  tested,  plateau  geometry and
plateau margin geometry (Figure 5.1). The plateau geometry has layers with no lateral
thickness variation and a total crustal thickness of 65 km. The plateau margin geometry
has a gradient in the Moho depth from 40 km beneath the foreland to 65 km beneath the
thick plateau region.  The upper  and middle crust  of  plateau  models  and within  the
plateau region of the plateau margin models are each 20 km thick with a 25-km-thick
lower crust. In the foreland region of the plateau margin models, the upper and middle
crustal layers are 15 km thick and the lower crust is 10 km thick. To account for erosion
since the Paleoproterozoic, the model upper crust is 5–10 km thicker than present day
averages. All models are initially 480 km long and 120 km high, extending from the
Earth's surface to the upper mantle.
Extensional collapse is modelled at slow (1.25x10 ¹  s ¹ = 0.95 mm/a at both sides) and⁻ ⁶ ⁻
fast  (1.25x10 ¹  s ¹  = 9.5 mm/a at  both sides) strain rates (Figure  ⁻ ⁵ ⁻ 5.2) to  study the
Figure 5.1: Initial geometries for the models. The thickness of the different layers is shown on the 
left and depths of crustal layer interfaces on the right. Grey bars in the middle crust are 10 km 
wide markers with 20 km spacing for tracking material flow. A) Initial geometry of the plateau 
models. B) Initial geometry of the plateau margin models.
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effects  of  strain  rate  to  deformation.  Extension  is  driven  in  the  model  by opposed
movement  of  the  lateral  boundary  conditions.  In  addition,  for  the  plateau  margin
models, fixed lateral boundaries are considered to simulate purely gravitational collapse.
Models are run for 15 Myr at fast extension and for 30 Myr at slow extension and with
fixed boundaries.
The high  Paleoproterozoic heat  production  rate  is  derived from the values  used for
modelling the thermal evolution of the late Svecofennian orogen in southern Finland by
Kukkonen and Lauri (2009). The heat production rate value of their uppermost layer of
“metasediments and volcanic rocks” is used for upper crust in this work (Table  5.1).
Below that their multi-layered crustal stack is simplified to a single middle crustal layer
with the heat production rate of their “Svecofennian synorogenic granite”. Their heat
production rates for lower crust is used for lower crust. Heat production in the upper
mantle is assumed to be negligible. The values for thermal conductivities of crust and
mantle  are  approximations  for  crustal  rocks  in  elevated  temperatures  (Table  5.1,
Kukkonen and Lauri 2009). 
Table 5.1: Thermal parameters of materials used in models. Sources: heat production and thermal 
conductivity Kukkonen and Lauri 2009, thermal expansion coefficient and heat capacity Stüwe 2007, latent
heat of fusion Rey et al. 2009.
Layer Thermal 
conductivity 
(W m ¹K ¹)⁻ ⁻
Heat production
(µW m ³)⁻
Thermal expansion
coefficient (K ¹)⁻
Isobaric heat
capacity 
(J kg ¹K ¹)⁻ ⁻
Latent heat of 
fusion (kJ 
kg ¹K ¹)⁻ ⁻
Upper crust 2 2.31 0 1000 250
Middle 
crust
2 1.99 0 1000 250
Lower crust 2 0.45 0 1000 250
Upper 
mantle
2.4 0 3e-5 1000 450
Figure 5.2: Model boundary conditions have constant temperature at the surface, a constant heat flow at 
the base, and moving lateral boundaries.
Constant temperature at surface (20 °C)
Mantle heat flow (18 mW/m²)
Moving boundary 
Slow: 0.95 mm/a 
Fast: 9.5 mm/a
Moving boundary 
Slow: 0.95 mm/a 
Fast: 9.5 mm/a
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For mantle  heat  flow density the  present  day value of  12 mW m ²  (Kukkonen and⁻
Peltonen 1999) is corrected to Paleoproterozoic time value of 18 mW m ² by assuming⁻
the  same factor  of  1.5  for  increase  in  heat  production  due  to  radioactive  decay of
elements as was calculcated for the crustal composition (Kukkonen and Lauri 2009).
The model geotherm is based on constant temperature of 20 °C at the surface, a constant
heat flow of 18 mWm-2 at the base (Figure 5.2), and radiogenic heat production of the
crust.  The  initial  geotherm (Figure  5.3)  is  generated  by running the  model  without
extension  until  the  Moho  temperature  reaches  800  °C.
The crustal composition (Table 5.2) is based on a lithological model for Fennoscandian
Shield (Kuusisto et al. 2006), rheological studies on the area (Kaikkonen et al. 2000,
Moisio and Kaikkonen 2006) and available rheological parameters for different rock
Figure 5.3: Initial geotherm of thick crust models with pressure-dependent 
solidus and liquidus curves for model materials.
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types (Goetze 1978, Carter and Tsenn 1987, Ranalli 1995, Wang et al. 2012).
Table 5.2: Rheological parameters for materials used in the models. Sources: a) Carter and Tsenn 1987, b)
Wilks and Carter 1990, c) Goetze 1978, d) Wang et al. 2012.
Layer Density
(kg/m³)
Dry rheology Wet rheology
Petrology Initial 
constant 
(MPa⁻ns ¹)⁻
Activation
energy 
(kJ mol ¹)⁻
Power law
exponent  
n
Petrology Initial 
constant 
(MPa⁻ns ¹)⁻
Activation
energy 
(kJ mol ¹)⁻
Power law
exponent 
n
Upper 
crust
2700 Granite 
(dry) a
2.0E-6 187 3.3 Granite 
(wet) a
2.0E-4 140 1.9
Middle
crust
2800 Felsic 
granulite 
(dry) b
8.0E-3 243 3.1 Diorite 
(wet) a
3.2E-2 212 2.4
Lower 
crust
2900 Mafic 
granulite 
(dry) b
1.4E+4 445 4.2 Mafic 
granulite  
(dry) d
2.2E-3 244 3.2
Upper 
Mantle
3300 Olivine c 7.0E+4 510 3.0 Olivine c 7.0E+4 510 3.0
The strength of rocks in the ductile regime depends on the water content of the rocks
(Ranalli 1995). Since the conditions in the Paleoproterozoic lithosphere are not known,
it is useful to consider both wet and dry upper and middle crustal rheologies (Kaikkonen
et al. 2000). In models with a dry rheology the upper crust is granitic, middle crust is a
felsic  granulite,  lower  crust  is  a  mafic  granulite  and  the  upper  mantle  has  olivine
rheology (Table 5.2). Petrology and rheological parameters for wet rheology model are
derived from the parameters used in modelling of present-day rheology of the central
Fennoscandian Shield (Table 5.2, Moisio and Kaikkonen 2006). The upper crust of wet
rheology models is granitic, middle crust is diorite, and the upper mantle has the same
olivine  rheology as  the  dry  rheology models.  The  lower  crust  is  weakened  in  wet
rheology models using the alternative rheological parameters for dry mafic granulite of
Wang et al. (2012).
Density of the crust is assumed to be temperature independent, except when there is
melting.  The  mantle  uses  a  typical  thermal  expansion  coefficient  value  (Table  5.1,
Stüwe 2007). Water content is considered only in rheological model and not taken into
account in solidus and liquidus temperatures of the materials (Figure 5.3).
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Rheological strength envelopes calculated with the initial geotherm are shown with dry
(Figure  5.4)  and  wet  (Figure  5.5)  rheologies  at  fast  and  slow  extension  rates.
Deformation by viscous flow is limited to temperatures above 250 °C, which affects the
strength of the upper part of the upper crust in the wet rheology model.
Figure 5.4: Yield strength of the dry rheology 
models with initial geotherm. Strength with fast 
extension in blue and slow extension in red.
     
Figure 5.5: Yield strength of the wet rheology 
models with initial geotherm. Strength with fast 
extension in blue and slow extension in red.
For brittle failure of crustal rocks, a cohesive strength of 20 MPa is assumed (Burov
2011, Rey et al. 2011), and the coefficient of friction is 0.268 for all materials. This
corresponds to an internal angle of friction of 15° or an internal angle of friction of 30°
with hydrostatic pore fluid factor value of 0.54. Strain weakening function (Equation
4.15) is used to localize strain in shear zones with parameter values of Ea = 0.1, ε0 = 0.15
and  En = 0.25 (Figure  5.6). This lowers the yield stress as strain is accumulated by a
factor of 0.15 at  most,  resulting in an effective coefficient of friction value of 0.04
corresponding to an internal angle of friction of 2°. Strain rate weakening is not used.
36
Combinations  of  geometry,  rheology and  extension  speed  lead  to  the  following  10
models:
1. Thick plateau crust, Dry rheology and Fast extension (TDF, Chapter 6.1)
2. Thick plateau crust, Dry rheology and Slow extension (TDS, Chapter 6.2)
3. Thick plateau crust, Wet rheology and Fast extension (TWF, Chapter 6.3)
4. Thick plateau crust, Wet rheology and Slow extension (TWS, Chapter 6.4)
5. Plateau margin, Dry rheology and Fast extension (PDF, Chapter 6.5)
6. Plateau margin, Wet rheology and Slow extension (PDS, Chapter 6.6)
7. Plateau margin, Dry rheology and No extension (PDN, Chapter 6.7)
8. Plateau margin, Wet rheology and Fast extension (PWF, Chapter 6.8)
9. Plateau margin, Wet rheology and Slow extension (PWS, Chapter 6.9)
10. Plateau margin, Wet rheology and No extension (PWN, Chapter 6.10)
An array of sampling tracers is placed in the models to record pressure and temperature
history  during  deformation.  The  tracers  are  initially  distributed  in  vertical  columns
ranging from the upper crust to upper mantle or lower crust along the length of the
model. See Figure  6.3A for an example of initial sampling tracer placement. In some
models, the amount of sampling tracers is increased in critical part of the model.
Figure 5.6: Strain weakening factor as a function of 
accumulated strain. Weakening factor reduces to 0.15 when 
amount of strain reaches 0.12.
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6. RESULTS
Models with slow extension velocity are run for 30 Myr. In this time they are extended
by 57 km (12%). Models with fast extension velocity are run for 15 Myr. Total amount
of extension for these models is 284 km (59%). Results of models are presented as
snapshots  at  5  Myr  intervals,  P-T-t  paths  and velocity fields.  The images  show the
material distribution with identical colour scheme introduced in Figure 5.1. Plastically
strained material is shaded in blue and the areas of partial melting in white. A black line
images  the  location  of  15  km depth  isosurface  which  acts  as  a  proxy  for  present
exposure level.
The presented P-T-t paths are recorded by selected sampling tracers which end up at
approximately 15 km depth.  The initial  and final  locations of the selected sampling
tracers  are  shown  in  separate  figures.  Velocity  field  figures  show  velocity  vectors
recorded in node points at t = 5 Myr. Major flow patterns have established by this time.
Some of the models did not run for as long as intended. If the resolution is too low or
the timestep is  too long the model may become noisy as amount of deformation or
partial melting increases. For most of the models, the resolution is already at maximum
and the timestep as short as is computationally reasonable. Some of the results show
visible noise and may be questionable.
Computation time of the models was 26 days on average, ranging from 7 days (model
PWF) to 60 days (model PWS). 
6.1. Thick plateau crust, dry rheology and fast extension in model TDF
Model TDF (Figure  6.1) tested uniform fast extension (9.5 mm/y) of initially 65 km
thick crust (plateau geometry, Figure 5.1A) with dry crustal rheology (Table 5.2). The
model was run with grid size of 257x65 nodes which results in 1868x1846 meter cell
size. The model was able to run for 16 Myr.
The upper crust deforms in brittle fashion, with most of the deformation localizing in
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graben  structures  that  are  formed at  regular  intervals  (Figure  6.1A).  There  is  some
middle crustal flow towards areas of upper crustal thinning and formation of domes in
the footwall of shear zones. The velocity field shows lateral extension and subsidence
caused by extension (Figure 6.2). There is no distinct lateral flow pattern in the crust.
By t  =  15  Myr  (Figure  6.1C)  the  middle  crust  has  thinned and its  structures  have
widened. The lower crust thins along with the rest of the model and shows no signs of
any other deformational structures.
By t = 10 Myr there is ≤10% of melt in the lower part of the middle crust in areas where
it is upwelling (Figure 6.1B). The lower crust has also started to melt. At t = 15 Myr the
melting in middle crust is ≤14% and localized in thin layer at the bottom (Figure 6.1C)
and the lower crust has a layer with  ≤20% of melt.
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Figure 6.1: Deformation and thermal evolution of the model TDF between 5 and 15 Myr. The model tests 
extension of 65 km thick plateau crust with dry rheology at velocity of 9.5 mm/yr on both sides. The black 
line images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 Myr the deformation in upper crust has localized in several graben 
structures at regular intervals. The middle crust has started to flow toward ares of upper crustal thinning 
and is upwelling  there. B) By t=10 Myr there is a ≤10% of melting at the bottom of the middle crust, 
localized in the areas where middle crust is thickest. C) By t = 15 Myr the melting in middle crust remains 
minor and the lower crust has a layer with ≤20% of melt at the bottom. Middle crust has thinned and its 
structures have widened. The lower crust has thinned but remains flat-lying.
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Figure 6.2: Velocity field of the model TDF at t = 5 Myr. Maximum velocity is 10.9 mm/yr.  The model is 
extended at velocity of 9.5 mm/yr on both sides. Subsidence and lateral spreading of all layers dominate 
the velocity field.
Sampling tracers B and C which are initially located in the upper part of the middle
crust are located close to  15 km depth after 15 Myr of extension (Figure  6.3). They
record  660  °C  maximum temperature.  Pressure-temperature-time  paths  recorded  by
samplers B and C are typical for tracers at this depth (Figure 6.4). Sampler A stays in
the lower part of the upper crust (Figure 6.3) and records a nearly isobaric temperature
rise (Figure 6.4).
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Locations of sampling tracers at t = 15 Myr
Figure 6.3: Locations of three selected sampling tracers in the model TDF. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A , B and C. B) Locations of samplers
A, B and C after 15 Myr of fast extension.
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Figure 6.4: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.3. Sampler A remains 
near the middle of the upper crust. Sampler B ascends from the upper part of the middle crust to upper – 
middle crust interface. Sampler C remains in the upper part of the middle crust.
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6.2. Thick plateau crust, dry rheology and slow extension in model TDS
Model TDS (Figure 6.5) tested uniform slow extension (0.95 mm/y) of initially 65 km
thick crust (plateau geometry, Figure 5.1A) with dry crustal rheology (Table 5.2). The
model was run with grid size of 385x97 nodes which results in 1247x1237 meter cell
size. The model was able to run for 25 Myr.
Hot geotherm together  with slow extension speed in thick crust  leads  to significant
partial melting, even in the lower part of the upper crust (Figure 6.5). In the middle of
the model the middle crust and upper part of the lower crust are slowly flowing towards
the area of upper crustal thinning (Figure  6.6, Figure  6.5A-B). There is only a minor
amount of flow before partial melting enables deformation which resembles convection
at t = 20 Myr (Figure 6.5D). Largest domes are formed in the footwall of shear zones
(Figure 6.5E).
There is  ≤23% of melting in the lower part of the middle crust at t = 15 Myr (Figure
6.5C). By t = 20 Myr the upper and lower crust have also started to melt (Figure 6.5D).
After 25 Myr (Figure 6.5E) the upper crust has ≤30% melt, the middle crust ≤34% and
the lower crust  ≤17%. In small,  isolated pockets the amount of melting reaches the
critical amount of 40% and the melt begins to migrate.
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Figure 6.5: Deformation and thermal evolution of the model TDS between 5 and 25 Myr. The model tests 
extension of 65 km thick plateau crust with dry rheology at velocity of 0.95 mm/yr on both sides. The black 
line images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 Myr the deformation in upper crust has mostly localized in a graben
structure near the center of the model. B) At t=10 Myr the middle crust starts to melt and it flows towards 
areas of upper crustal thinning, C) At t=15 Myr there is ≤23% melt in the lower part of the middle crust. The
vertical movement of the partially molten material interferes with the lateral flow  of the middle crust. D) At 
t=20 Myr there is some melt in all crustal layers. Melting has enabled deformation mimicing convection in 
middle crust. E) At t=25 Myr the upper crust has ≤30% melt, the middle crust ≤34% and the lower crust 
≤17%. Magmatic domes are forming at regular intervals.
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Figure 6.6: Velocity field of the model TDS at t = 5 Myr. Maximum velocity is 1.3 mm/yr.  The model is 
extended at velocity of 0.95 mm/yr on both sides. Middle crust flows towards the area of upper crustal 
thinning in the middle.
Some of the sampling tracers in model TDS are located close to 15 km depth after 25
Myr of extension (Figure 6.7B). Sampler A (Figure 6.7A) starts in the lower part of the
middle crust and ascends to just below the middle crust – upper crust interface. Sampler
B starts in the middle of the upper crust (Figure  6.7A), meets the uprising middle crust
and rises with it to just above the middle crust – upper crust interface. 
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Figure 6.7: Locations of two selected sampling tracers in the model TDS. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A and B. B) Locations of samplers A 
and B after 25 Myr of slow extension.
Sampler A records high pressures and temperatures with a peak temperature of 810 °C
at 880 MPa pressure (Figure 6.8). Sampler B records a nearly isobaric temperature rise
until t = 20 Myr when it is exhumed along with ascending middle crust. 
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Figure 6.8: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.7. Sampler A ascends 
from the lower part of the middle crust to its upper part. Sampler B stays near the middle of the upper 
crust.
6.3. Thick plateau crust, wet rheology and fast extension in model TWF
Model TWF (Figure  6.9) tested uniform fast extension (9.5 mm/y) of initially 65 km
thick crust (plateau geometry, Figure 5.1A) with wet crustal rheology (Table 5.2). The
model was run with grid size of 257x65 nodes which results in 1868x1846 meter cell
size. The model was able to run for 17 Myr. 
Upper  crust  deforms by viscous flow except  for  a very thin brittle  layer  at  the top
(Figure 6.9). This behaviour follows the yield strength curve of wet rheology and fast
extension  (Figure  5.5).  It  is  caused  by minimum temperature  limit  of   250  °C  for
viscous  flow at  which  the  wet  granite  material  deforms  by flow rather  than  brittle
failure. In the figures of material distribution there is no visible flow in the middle crust
and all structures are horizontal  (Figure  6.9). At t = 5 Myr the velocity field shows
overall extension and subsidence of the model with some variation in the areas where
the upper crust shows brittle deformation (Figure 6.10). During the run of the model the
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velocity field shows large variations in direction and magnitude. For example, at t = 7
Myr  the  velocity  field  shows  rapid  circular  movement  in  all  crustal  layers  with
maximum velocity of 126 mm/yr and average velocity of 48 mm/yr (Figure  6.11). It
does not cause any visible deformation in the model. 
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Figure 6.9: Deformation and thermal evolution of the model TWF between 5 and 15 Myr. The model tests 
extension of 65 km thick plateau crust with wet rheology at velocity of 0.95 mm/yr in both sides. The black 
line images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 Myr there is only a minor amount of plastic deformation at the top of
the upper crust. B) By t=10 Myr middle and upper crust have started to melt. There is ≤5% melting. C) At 
t=15 Myr there is ≤19% melt in the bottom of lower crust and a thin layer of <10% melting in the bottom of 
middle crust. The model shows visible noise.
At t = 15 Myr there is  ≤19% melting in the bottom of the lower crust (Figure  6.9C).
There is  also a  thin layer  of  melt  at  the  bottom of  the middle crust  with <10% of
melting.
Figure 6.10: Velocity field of the model TWF at t = 5 Myr. Maximum velocity is 12.2 mm/yr.  The model is 
extended at velocity of 9.5 mm/yr on both sides. Folds in the velocity field at 100 km and 500 km markers 
are seen as minor brittle deformation in the upper crust in Figure 6.9A.
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Figure 6.11: Velocity field of the model TWF at t = 7 Myr. Maximum velocity is 126 mm/yr. The model is 
extended at velocity of 9.5 mm/yr at both sides. There is no visible deformation caused by this velocity field
in the model material.
All of the sampling tracers which are initially located in the upper part of the middle
crust stay in the upper part of the middle crust and are at approximately 15 km depth
after 15 Myr of extension (Figure 6.12). Since there is no significant lateral variation in
the model they all  record similar P-T-t paths with maximum temperature of 630  °C
(Figure 6.13). 
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Figure 6.12: Location of a selected sampling tracer in the model TSF. The black line images the location of 
15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots indicate locations 
of sampling tracers. A) Initial location of sampler A. B) Location of sampler A after 15 Myr of fast extension.
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Figure 6.13: Pressure-temperature-time path (P-T-t) of  sampling tracer in Figure 6.12. Sampler stays in 
the upper part of the middle crust.
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6.4. Thick plateau crust, wet rheology and slow extension in model TWS
Model TWS (Figure 6.14) tested uniform slow extension (0.95 mm/y) of initially 65 km
thick crust (plateau geometry, Figure 5.1A) with wet crustal rheology (Table 5.2). The
model was run with grid size of 257x65 nodes which results in 1868x1846 meter cell
size. The model was able to run for 33 Myr.
Hot geotherm together  with slow extension speed in thick crust  leads  to significant
partial  melting, even in the lower part  of the upper crust  (Figure  6.14). Upper crust
deforms uniformly by viscous flow because of minimum temperature limit of  250 °C
for viscous flow at which the wet granite material deforms by flow rather than brittle
failure. There is no flow in the middle crust.  At t = 5 Myr the velocity field shows
overall extension and subsidence of the model (Figure 6.15). The velocity field changes
often  in  direction  and  magnitude  between  0–20  Myr  without  causing  any  visible
deformation in the model. Partial melting there enables deformation which resembles
convection  after  t  =  20  Myr  (Figure  6.14D,  E).  Magmatic  domes  form  at  regular
intervals (Figure 6.14F).
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Figure 6.14: Deformation and thermal evolution of the model TWS between 5 and 30 Myr. The model 
tests extension of 65 km thick plateau crust with wet rheology at velocity of 0.95 mm/yr on both sides. 
The black line images the location of 15 km depth isosurface which acts as a proxy for present 
exposure level. Blue shading indicates plastic strain and white shading indicates areas of partial 
melting. Coloured dots indicate locations of sampling tracers. A) At t=5 Myr the whole crust deforms 
viscously. B) At t=10 Myr there is a thin melting layer at the bottom of the middle crust. C) By t=15 Myr
there is ≤19% melting in the middle crust. The crust still deforms uniformly and all structures are 
horizontal. D) At t=20 Myr the lower crust also starts to melt and melting in the middle crust starts to 
control deformation there. E) At t=25 Myr there is some melt in all crustal layers. Melting has enabled 
deformation mimicing convection in the middle crust. F) At t=30 Myr there is ≤25% of melt in the upper
crust, ≤33% in the middle crust and ≤22% in the lower crust. Magmatic domes are forming at regular 
intervals.
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There is ≤19% of melting in the lower part of the middle crust at t = 15 Myr. At t = 20
Myr the lower crust also starts to melt and at t = 25 Myr there is melting also in the
upper crust. At t = 30 Myr there is ≤25% of melt in the upper crust, ≤33% in the middle
crust and ≤22% in the lower crust. In small, isolated pockets melting reaches the model
critical value of 40% and the melt begins to migrate.
Figure 6.15: Velocity field of the model TWS at t = 5 Myr. Maximum velocity is 1.1 mm/yr.  The model is 
extended at velocity of 0.95 mm/yr on both sides. Subsidence and lateral spreading of all layers dominate 
the velocity field.
None of the sampling tracers which were initially in the middle crust ended up at 15 km
depth. Sampling tracers which were initially located in the middle of the upper crust are
after 30 Myr near the upper crust – middle crust interface (Figure 6.16). They record a
rather steady pressure and slowly increasing temperature until about 20 Myr (Figure
6.17).  After  that  the  form of  deformation  is  changed  by increased  melting  (Figure
6.14D-F). Sampler A records increasing temperature and pressure between 25–30 Myr.
Figure 6.16: Locations of two selected sampling tracers in the model TWS. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A and B. B) Locations of samplers A 
and B after 30 Myr of slow extension.
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Figure 6.17: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.16. Both tracers were 
initially located in the middle of the upper crust and are finally near the upper-middle crust interface.
6.5. Plateau margin, dry rheology and fast extension in model PDF
Model PDF (Figure  6.18) tested uniform fast extension (9.5 mm/y) of plateau margin
crust (plateau margin geometry, Figure 5.1B) with dry crustal rheology (Table 5.2). This
model was run with grid size of 193x49 nodes which results in 2487x2449 meter cell
size. The model was able to run for 16 Myr.
The deformation in the upper crust localizes in graben structures (Figure  6.18). The
lower crust remains flat-lying except for the step at the plateau margin and deforms by
thinning. The deformation in the middle crust  has three major components.  It  flows
towards the areas of upper crustal thinning, it upwells in those areas, and it thins along
with the rest of the laterally spreading model. At t = 5 Myr the velocity field shows
lower  part  of  the  middle  crust  flowing towards  the  plateau  region near  the  plateau
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margin (Figure 6.19). By t = 15 Myr (Figure 6.18C) the middle-lower crustal interface
is located just below the 15 km depth in the region of thin crust. In the plateau region
there is mainly mid-crustal material at 15 km depth.
By t = 5 Myr the middle crust has started to melt. Melting is localized at the bottom of
the  middle crust  in  the area of  upper  crustal  thinning in  the plateau region (Figure
6.18A). By t = 10 Myr there is a layer of melt at the bottom of the lower crust with
≤15% of melting in the plateau region (Figure 6.18B). Middle crust in the plateau region
has ≤12% of melt at the bottom. By t = 15 Myr the melting has decreased in the middle
crust but melting has increased to ≤25% at the bottom of the lower crust (Figure 6.18B).
Figure 6.18: Deformation and thermal evolution of the model PDF between 5 and 15 Myr. The model tests 
extension of plateau margin crust with dry rheology at velocity of 9.5 mm/yr on both sides. The black line 
images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 Myr the deformation in upper crust has localized in graben 
structures. The middle crust flows towards areas of upper crustal thinning but the flow is affected by 
gravitational equilibration of the crust. The middle crust has started to melt in the plateau region. B) By 
t=10 Myr the lower crust has also started to melt. Upper crustal deformation has increased in the plateau 
region and middle crust is upwelling in the areas of upper crustal thinning. C) At t = 15 Myr the middle-
lower crust interface is flat-lying and located at depth of 15 km in the region of thinner crust. In the plateau 
region there is only small slivers of upper crustal material between large mid-crustal domes at ≥15 km 
depth.
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Figure 6.19: Velocity field of the model PDF at t = 5 Myr. Maximum velocity is 12.4 mm/yr.  The model is 
extended at velocity of 9.5 mm/yr on both sides. Near the plateau margin the lower part of the foreland 
middle crust is flowing towards the plateau region.
Sampler A stays in the upper-middle crust interface at 15 km depth in the region of thin
crust close to plateau margin (Figure 6.20). It records nearly isobaric, slow temperature
rise  (Figure  6.21).  Sampler  B is  initially at  20 km depth  in  the  upper-middle crust
interface in the plateau region (Figure  6.20A). It is exhumed to approximately 15 km
depth by t = 15 Myr (Figure 6.20B). 
Figure 6.20: Locations of sampling tracers A, B and C in the model PDF. The black line images the location
of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots indicate 
locations of sampling tracers. A) Initial locations of samplers A, B and C. B) Locations of samplers A , B 
and C after 15 Myr of fast extension.
Sampler  B  records  maximum  temperature  of  580  °C  at  t  =  7  Myr  (Figure  6.21).
Sampling tracer C (Figure 6.20A) is initially located in the middle-lower crust interface
in the region of the thin crust. After 15 Myr it is in the depth of 15 km (Figure 6.20B)
due to thinning of upper and middle crust. After reaching a peak temperature of 637 °C
at t = 3 Myr it records decreasing pressure and temperature (Figure 6.21). 
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Figure 6.21: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.20. Sampler A stays 
at the middle-lower crust interface in the region of thin crust. Sampler B stays at the upper-middle crust 
interface in the region of thin crust. Sampler C stays at the upper-middle crust interface in the region of 
thick crust.
6.6. Plateau margin, dry rheology and slow extension in model PDS
Model PDS (Figure 6.22) tested uniform slow extension (0.95 mm/y) of plateau margin
crust (plateau margin geometry, Figure 5.1B) with dry crustal rheology (Table 5.2). The
model was run with grid size of 385x97 nodes which results in 1247x1237 meter cell
size. The model was able to run for 33 Myr.
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Hot geotherm together with slow extension speed leads to significant partial melting in
the plateau region (Figure 6.22). The bottom of the middle crust has started to melt by t
= 5 Myr in the plateau region (Figure 6.22A). By t = 15 Myr there is a layer with ≤21%
melt in the bottom of the middle crust and the lower crust has also started to melt, with
≤10% melt at the bottom in the plateau region (Figure 6.22C). By t = 20 Myr the bottom
of the upper crust is melting locally between the middle crustal domes (Figure 6.22D).
Melts are ascending in the middle and lower crust, interfering with the lateral flow in
the middle crust. At t = 25 Myr there is  ≤23% of melt in upper and lower crust and
≤27% in middle crust (Figure 6.22E). In small, isolated pockets the amount of melting
reaches the critical amount of 40% and the melt begins to migrate. By t = 30 Myr the
localized melting in upper crust has decreased to  ≤17% of melt. In middle and lower
crust there is  ≤27% of melt and the bottom of the middle crust is melting also on the
region of initially thin crust (Figure 6.22F).
The deformation in upper crust localizes in graben structures (Figure 6.22). At t = 5 Myr
the velocity field shows lateral flow of the middle crust towards left side of the model
except at the right end of the model (Figure 6.23). Near the plateau margin part of the
lower crust is also flowing towards the foreland region and in the plateau region the
middle part of lower crust is flowing right. At t = 10 Myr the middle crust ascends in the
footwall  of  major  shear  zones  (Figure  6.22B).  The  lateral  flow  of  middle  crust  is
disrupted by melting in the plateau region from t = 20 Myr onwards but it continues in
the foreland region (Figure 6.22D-F). At t = 30 Myr the initial thickness difference of
the crust has mostly equilibrated by middle crustal thickening on the left side of the
model and thinning on the right side of the model. On the left side of the model the
upper-middle crust  interface is  approximately at  the 15 km depth.  On the right side
middle crustal domes rise to 15 km depth at regular intervals.
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Figure 6.22: Deformation and thermal evolution of the model PDS between 5 and 30 Myr. The model tests 
extension of plateau margin crust with dry rheology at velocity of 0.95 mm/yr on both sides. The black line 
images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t = 5 Myr the deformation in upper crust has mostly localized in graben 
structures near the center and at the right edge of the model. The middle crust flows from the plateau 
region towards the region of thinner crust. The bottom of the middle crust has started to melt. B) At t = 10 
Myr there is a thin layer of melt at the bottom of the middle crust in the plateau region. C) By t = 15 Myr the
lower crust has also started to melt at the bottom in the plateau region. D) At t = 20 Myr the melting is 
interfering with the lateral flow of the middle crust. There is small localized melting in the upper crust 
between the middle crustal domes. E) At t = 25 Myr there is ≤23% of melt in upper and lower crust and 
≤27% in middle crust. F) By t = 30 Myr the melt layer at the bottom of the middle crust has extended 100 
km further to left. Middle crustal domes rise to 15 km depth at regular intervals in the original plateau 
region.
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Figure 6.23: Velocity field of the model PDS at t = 5 Myr. Maximum velocity is 3.3 mm/yr.  The model is 
extended at velocity of 0.95 mm/yr on both sides. Middle crust flows towards the foreland. Near the 
plateau margin the lower crust is also flowing towards the foreland.
Pressure in the model is anomalously high for the first 10 k years (12 timesteps). All
sampling tracers record a pressure drop of  ≤250 MPa at the start  of the model  run
(Figure  6.25). The reason for the pressure anomaly is unknown. A version with lower
resolution does not have the pressure anomaly. Comparison of results from lower and
higher resolution versions of the model for the first 5 Myr suggests that the anomalous
pressure in the beginning does not affect results from 10 k years onwards and can be
ignored.
Sampler A stays at approximately 15 km depth in the upper-middle crust interface in the
region of thin crust (Figure  6.24). It records a slow, isobaric temperature rise  (Figure
6.25). Sampling tracer B is initially at 20 km depth at the upper-middle crust interface in
the plateau region (Figure 6.24A). After t = 20 Myr the bottom of the upper crust starts
to melt in its location and by t = 25 Myr it has started to move upwards along with
ascending melts (Figure  6.22E). By t = 30 Myr it has been exhumed to 15 km depth
(Figure  6.24B). Sampler B records a maximum temperature of 650  °C at pressure of
580 MPa (Figure  6.25). Sampler C is initially located in the lower part of the middle
crust in the plateau region (Figure 6.24A). It is transferred by lateral flow of the middle
crust and ascending melts and exhumed to 15 km depth by t = 30 Myr (Figure 6.24B). It
records a maximum temperature of 780 °C at pressure of 820 MPa. (Figure 6.25).
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Figure 6.24: Locations of three selected sampling tracers in the model PDS. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A, B and C. B) Locations of samplers 
A, B and C after 30 Myr of slow extension.
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Figure 6.25: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.24. Model has an 
anomalous pressure for the first 10 k years but it is considered not to affect later results. Sampler A stays 
in the upper-middle crust interface in the region of thin crust. Sampler B is exhumed from upper-middle 
crust interface at 20 km depth to 15 km depth. Sampler C is initially in the lower part of the middle crust in 
the plateau region and is exhumed to 15 km depth by t = 30 Myr.
6.7. Plateau margin, dry rheology and no extension in model PDN
Model PDN (Figure 6.26) tested purely gravitational collapse (fixed lateral boundaries)
of plateau margin crust (plateau margin, Figure 5.1B) with dry crustal rheology (Table
5.2).  The model was run with grid size of 257x65 nodes which results in 1868x1846
meter cell size. The model was able to run for 50 Myr but noise level increases visibly
at t = 10 Myr in the plateau region.
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Hot geotherm together with fixed lateral boundaries leads to significant partial melting
in the plateau region (Figure 6.26). The deformation in the upper crust localizes in horst
and graben structures. At t = 5 Myr the velocity field shows most of the middle crust
and upper  parts  of the lower crust  laterally flowing towards left  (Figure  6.27).  The
lateral flow is disrupted by melting in the plateau region from t = 15 Myr onwards
(Figure 6.26C-F) and in parts of the foreland region of after t = 25 Myr (Figure 6.26E-
F). The middle crustal dome in the middle of the plateau region forms diapirically. At t
= 30 Myr the initial thickness difference of the crust has mostly equilibrated by middle
crustal thickening on the left side of the model and thinning on the right side of the
model. On the left side of the model the upper-middle crust interface is approximately at
the 15 km depth. On the right side the middle crustal dome is 40 km wide at 15 km
depth.
By t = 15 Myr all crustal layers are melting in the plateau region (Figure 6.26C). At that
time there is ≤10% of melt in the lower crust, ≤28% in the middle crust, ≤25% in small
area of the upper crust, and in small, isolated pockets the amount of melting is higher.
By t = 30 Myr there is ≤27% of melt in the lower crust, ≤25% in the middle crust and in
deepest  parts  of  the  upper  crust  (Figure  6.26F).  The  bottom of  the  middle  crust  is
melting in 90% of the model length. Locally the amount of melting has reached the
critical amount of 40% and the melt has began to migrate.
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Figure 6.26: Deformation and thermal evolution of the model PDN between 5 and 30 Myr. The model tests 
purely gravitational collapse (fixed lateral boundaries) of 65 km thick crust with dry rheology. The black line 
images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate 
locations of sampling tracers. A) At t=5 Myr the middle crust is strongly flowing towards the thinner crustal 
region. B) By t=10 Myr there is some melting in the upper and middle crust of the plateau region. There is 
visible noise in this area. C) By t=15 Myr there is melting also in the lower crust of the plateau region. 
Melting is interfering with the flow of the middle crust in that area. D) At t=20 Myr the lower crust has 
melted enough to start ascending in the plateau region. Middle crust in the thinner crustal region is starting 
also to melt. E) By t=25 Myr the middle crustal melting is interfering with the flow also in the area of thinner 
crust. F) Crustal materials have been redistributed so that the middle crust is significantly thicker on the left
side of the model.
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Figure 6.27: Velocity field of the model PDN at t = 5 Myr. Maximum velocity is 7.8 mm/yr. The model tests 
purely gravitational collapse with fixed lateral boundaries. The middle crust and parts of lower crust are 
strongly flowing towards the foreland region.
The upper crust does not thin on the area of thinner crust on the left side of the model.
The sampling tracers that are initially at 15 km depth remain at approximately same
depth. In the area of thick crust sampler B which is initially at 20 km depth is exhumed
a couple of kilometers (Figure 6.28).
Figure 6.28: Locations of two selected sampling tracers in the model PDN. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A and B. B) Locations of samplers A 
and B after 30 Myr.
Sampler A records a nearly isobaric temperature rise (Figure 6.29) after a short period of
gravitational equilibration which is recorded as a drop in pressure. Sampler B records an
isobaric temperature rise (Figure 6.29) until partial melting enables deformation which
resembles convection close to its location. It records a maximum temperature of 660 °C
with pressure of 600 MPa at t = 26 Myr.
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Figure 6.29: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.28. Sampler A is 
initially at the upper-middle crust interface of the thin crustal region of the model. Sampler B is initially at 
the upper-middle crust interface in the thick crustal region of the model.
6.8. Plateau margin, wet rheology and fast extension in model PWF
Model PWF (Figure 6.30) tested uniform fast extension (9.5 mm/y) of plateau margin
crust (plateau margin geometry, Figure 5.1B) with dry crustal rheology (Table 5.2). The
model was run with grid size of 129x33 nodes which results in 3720x3636 meter cell
size. It was able to run for 17 Myr.
In accordance with the yield strength curve for wet rheology and fast extension (Figure
5.5), there is only a thin layer showing brittle deformation at the top of the upper crust
(Figure 6.30). At t = 5 Myr the velocity field shows the lower part of the middle crust
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and upper part of the lower crust flowing towards the plateau margin in the foreland
region (Figure 6.31). In the plateau region, there is some lateral flow of the middle crust
towards  the  area  where  most  brittle  deformation  in  the  upper  crust  occurs  (Figure
6.30B-C). All crustal layers deform mainly by thinning.
There is a very thin layer of melt at the bottom of the middle crust in the plateau region
at t = 5 Myr (Figure 6.30A). By t = 10 Myr the thin melt layer has ≤13% of melt. The
bottom of the lower crust is also melting with  ≤15% of melt by t = 10 Myr  (Figure
6.30B). A peculiar synclinal deformation structure has formed in the lower crust and
Moho in the foreland region. By t = 15 Myr the amount of melt in the lower crust has
increased to ≤26%. By this time a mid-crustal dome has formed in the plataeu region,
driven by melting (Figure 6.30C). At 15 km depth there is only middle crustal material.
Figure 6.30: Deformation and thermal evolution of the model PWF between 5 and 15 Myr. The model tests
extension of plateau margin crust with wet rheology at velocity of 9.5 mm/yr on both sides. The black line 
images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 Myr all crustal layers are deforming by thinning. B) At t=10 Myr the 
bottom of middle crust and lower crust have started to melt. There is some lateral flow of the middle crust 
towards the pleateau region. In the foreland region there is a peculiar synclinal area of deformation at 
Moho depth. C) By t=15 Myr a single mid-crustal dome has formed in the plateau region.
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Figure 6.31: Velocity field of the model PWF at t = 5 Myr. Maximum velocity is 15.7 mm/yr.  The model is 
extended at velocity of 9.5 mm/yr on both sides. Near the plateau margin the lower part of the foreland 
middle crust and upper part of lower crust are flowing towards the plateau region.
Sampling tracer A stays in the upper crust  – middle crust  interface near the plateau
margin (Figure 6.32). Sampler B stays in the upper crust – middle crust interface in the
plateau  region.  Sampler  C  stays  in  the  middle  crust  –  lower  crust  interface  in  the
foreland region. After a minor increase of temperature before t = 5 Myr they all record
decreasing pressure and temperature as they are exhumed along with thinning of the
crust (Figure 6.33). 
Figure 6.32: Locations of three selected sampling tracers in the model PWF. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A, B and C. B) Locations of samplers 
A, B and C after 15 Myr of fast extension.
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Figure 6.33: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.32. 
6.9. Plateau margin, wet rheology and slow extension in model PWS
Model PWS (Figure 6.34) tested uniform slow extension (0.95 mm/y) of plateau margin
crust (plateau margin geometry, Figure 5.1B) with wet crustal rheology (Table 5.2). The
model was run with grid size of 257x65 nodes which results in 1868x1846 meter cell
size. The model was able to run for 29 Myr but noise level increases visibly after t = 13
Myr. 
The upper crustal deformation is not localized in distinct shear zones that would attract
middle crustal flow (Figure 6.34). The middle crust flows laterally towards the region of
thin crust as the crust equilibrates gravitationally. At t = 5 Myr the velocity field shows
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flow towards left near the plateau margin except in the lower crust and lower part of the
middle crust  in the foreland region where the flow goes towards the plateau margin
(Figure  6.35). Upper crust and middle crust thicken on the left side of the model and
thin in the plateau region on the right side. The lateral flow of middle crust is interfered
by melting in the plateau region from t = 20 Myr onwards (Figure  6.34D-F). Middle
crustal domes are formed by deformation resembling convection in the areas of highest
amounts of melting and exposed at 15 km level (Figure  6.34E-F). At t = 29 Myr the
interfaces of crustal layers are subhorizontal or slightly sloping on the left side of the
model and only the lower part of the upper crust is exposed at 15 km level (Figure
6.34F).
Hot geotherm together with slow extension speed leads to significant partial melting in
the plateau region  (Figure  6.34).  By t = 10 Myr the bottom of the middle crust has
started to melt in the plateau region (Figure 6.34B). By t = 15 Myr also the lower crust
has started to melt in the plateau region (Figure 6.34C). By t = 25 Myr there is ≤18% of
melt in the lower crust,  ≤21% in the middle crust and in small areas the amount of
melting  reaches  the critical  amount  of  40% and the  melt  begins  to  migrate  (Figure
6.34E). At t = 30 Myr melting in the lower crust has increased to ≤23% (Figure 6.34F).
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Figure 6.34: Deformation and thermal evolution of the model PWS between 5 and 29 Myr. The model tests
extension of plateau margin crust with wet rheology at velocity of 0.95 mm/yr on both sides. The black line 
images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) At t=5 there is minor flow towards the foreland region in upper part of the 
middle crust and towards plateau region in the lower crust. B) At t = 10 Myr the bottom of the middle crust 
has started to melt. C) At t=15 Myr the bottom of lower crust has started to melt. D) At t=20 Myr melting 
starts to deform the middle crust. E) At t=25 Myr there is ≤18% of melt in the lower crust and ≤21% in the 
middle crust. F) At t=29 Myr the middle crust has been deformed by convection caused by melt migration 
in the plateau region and by crustal flow in the foreland region.
0
25
50
75 km
A
0
25
50
75 km
B
0
25
50
75 km
C
0
25
50
75 km
D
0
25
50
75 km
E
0 100 200 300 400 500
0
25
50
75
km
F
Longest vector = 3.2 mm/yr 025
50
75
0 100 200 300 400 km
t = 5 Myr, extension = 9 km (2%)
t = 10 Myr, extension = 19 km (4%)
t = 15 Myr, extension = 28 km (6%)
t = 20 Myr, extension = 38 km (8%)
t = 25 Myr, extension = 47 km (10%)
t = 29 Myr, extension = 55 km (11%)
69
Figure 6.35: Velocity field of the model PWS at t = 5 Myr. Maximum velocity is 3.2 mm/yr.  The model is 
extended at velocity of 0.95 mm/yr on both sides. Near the plateau margin in the foreland region the upper 
part of middle crust and lower part of upper crust are flowing towards the foreland region and the lower 
crust is flowing towards the plateau margin.
Sampling tracers record fluctuating pressure between 13–16 Myr (Figure 6.37). This is
related to higher noise level in the model. Sampler A stays at the upper-middle crustal
interface in the region of the thin crust (Figure 6.36). It is buried to 18 km depth as the
upper crust thickens and records a slowly increasing temperature and pressure (Figure
6.37). Sampler B stays at the upper-middle crust interface in the plateau region and is
exhumed to 15 km depth (Figure 6.36). It is located in the part of the model with high
noise level and it records an erratic P-T-t path (Figure 6.37). Sampler C is initially in the
lower part of the middle crust in the plateau region (Figure 6.36A). It is exhumed to 18
km depth as increased melting enables convection in the middle crust (Figure 6.34D-F,
Figure 6.36B). Sampler C records a maximum temperature of 790 °C with pressure of
650 MPa (Figure 6.37).
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Figure 6.36: Locations of three selected sampling tracers in the model PWS. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A, B and C. B) Locations of samplers 
A, B and C after 29 Myr of slow extension.
Figure 6.37: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.36. All samplers are 
affected by increased noise level between 13–16 Myr. Sampler A stays at the upper-middle crust interface 
in the region of thin crust and is buried by 3 km as the upper crust thickens. Sampler B stays at the upper-
middle crust interface in the plateau region and is exhumed to 15 km depth. Sampler C is initially in the 
lower part of the middle crust in the plateau region and is exhumed by convection-like deformation of the 
middle crust.
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6.10. Plateau margin, wet rheology and no extension in model PWN
Model PWN (Figure 6.38) tested purely gravitational collapse (fixed lateral boundaries)
of  plateau  margin  crust  (plateau  margin  geometry,  Figure  5.1B)  with  wet  crustal
rheology (Table 5.2). The model was run with grid size of 129x33 nodes which results
in 3720x3636 meter cell size. 
The model was able to run for 41 Myr but it is unstable. Noise level increases visibly
before t = 10 Myr in the foreland region. Shear zones shift constantly. Velocities in the
model change direction abruptly from left to right in <50,000 years several times and
exceed 100 mm/yr frequently before t = 10 Myr. Pressure-temperature-time paths show
highly varying pressures between 0–15 Myr (Figure 6.41).
The standard  figures  of  model  evolution  (Figure  6.38),  velocity field  at  t  =  5 Myr
(Figure 6.39), initial and final locations of two sampling tracers (Figure 6.40) and P-T-t
paths recorded by the sampling tracers (Figure 6.41) are included but model results are
considered unusable.
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Figure 6.38: Deformation and thermal evolution of the model PWN between 5 and 25 Myr. The model tests
purely gravitational collapse (fixed lateral boundaries) of plateau margin crust with wet rheology. The black 
line images the location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue 
shading indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate
locations of sampling tracers. A) By t=5 Myr the gravitational equilibration has thickened the upper crust on
the left and thinned it on the right. B) At t=10 Myr the upper crust is deforming in brittle fashion via shear 
zones and the middle crust is flowing towards the region of thinner crust. Bottom of the middle crust has 
started to melt in the plateau region. Noise level has increased. C) By t = 15 Myr the bottom of the lower 
crust has started to melt in the plateau region. Strain in the upper crust has been redistributed evenly and 
does not form distinct shear zones. D) By t = 20 Myr melts have started ascending in the lower crust. E) By
t = 25 Myr melting has enabled deformation resembling convection in the middle crust of the plateau 
region. F) By t = 30 Myr the melt layer at the bottom of the middle crust extends through the whole model.
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Figure 6.39: Velocity field of the model PWN at t = 5 Myr. Maximum velocity is 10.8 mm/yr. The model tests
purely gravitational collapse with fixed lateral boundaries. The middle crust and upper part of lower crust 
are flowing towards the plateau margin.
Figure 6.40: Locations of two selected sampling tracers in the model PWN. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Coloured dots 
indicate locations of sampling tracers. A) Initial locations of samplers A and B. B) Locations of samplers A 
and B after 30 Myr.
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Figure 6.41: Pressure-temperature-time paths (P-T-t) of sampling tracers in Figure 6.40. Sampler A stays 
at the upper-middle crust interface in the foreland region and is buried by 3 km as the upper crust thickens.
Sampler B is initially in the upper-middle crust interface in the plateau region and is exhumed to 15 km 
depth.
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7. DISCUSSION
Extension velocity has a large effect on deformation and thermal evolution of  models.
The  upper  crust  –  middle  crust  interface  is  flat-laying  in  models  with  wet  crustal
rheology and fast extension velocity. It is exposed at the depth of the 15 km isosurface
in model TWF (Figure 6.9) and in most of model PWF (Figure 6.30). In plateau models,
slow extension velocity results in magmatic domes at regular intervals with both dry
(model  TDS,  Figure  6.5)  and  wet  (model  TWS,  Figure  6.14)  crustal  rheology.   In
plateau  margin  models  with  slow  or  no  extension  the  upper  crust  –  middle  crust
interface is flat-laying in the foreland region and has anticlinal structures in the plateau
region (models  PDS (Figure  6.22),  PDN (Figure  6.26)  and PWS (Figure  6.34)).  In
models PDS and PDN the upper crust – middle crust interface is exposed at the depth of
15 km isosurface in 200 km long region in foreland.  Model PDF (Figure  6.18) has
several  large  upwellings  of  the  middle  crust  and strongest  thinning  of  upper  crust.
Thickness of the middle crust varies laterally in all models except TWF and most of
model PWF.
The middle crust – lower crust interface is flat-lying in all plateau models. It is flat-lying
also in model PDF and most of model PWF except in the plateau margin. In model PDF
the lower crust is exposed at 15 km isosurface in 150 km long region in the foreland and
in PWF it is also near that level. In plateau margin models with slow or no extension
(PDS, PDN and PWS) it is flat-lying in the foreland region and has some variation in
depth caused by ascending lower crustal melts in the plateau region. Moho is smooth
and flat-lying in all models except for a rise towards the foreland in the plateau margin
models. 
The middle crust in plateau models with wet rheology (models TWF and TWS) does not
flow. With dry rheology there is minor flow towards regions of upper crustal thinning in
models  TDF  (Figure  6.1)  and  TDS.  In  plateau  margin  models  with  fast  extension
(models PDF and PWF) the lower parts of the middle crust flow towards the plateau
region. With dry rheology and slow or no extension (models PDS and PDN) there is
strong channel flow towards the foreland in the middle crust. Model PWS exhibits both
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behaviours with upper part of middle crust flowing towards the foreland and lower part
flowing towards the plateau.
Mid-crustal flow structures are preserved in models TDF, PDF and PWF and in the
foreland region of models PDS, PDN, PWS. In models TWF and TWS there were no
flow structures. In model TDS and in the plateau region of models PDS, PDN and PWS
convection driven by melting erased previous middle crustal structures after 20 Myr.
Pressure-temperature  paths  can  be  used  to  compare  the  results  of  modelling  with
observations  from  the  Svecofennian  orogen.  Metamorphic  peak  conditions  in  the
exposed parts of the Central Svecofennian along the GGT/SVEKA transect (Figure 3.1)
are typically of high-temperature and low-pressure type in the range of 700–800 °C and
400–600 MPa (Korsman et al. 1999). This range, along with P-T paths from Southern
Finland  sedimentary-volcanic  complex  (GGT/SVEKA A),  Central  Finland  granitoid
complex (GGT/SVEKA B) and Savo belt (GGT/SVEKA C) is plotted with P-T paths
recorded in plateau and plateau margin models in Figures  7.1 and 7.2. Range of peak
metamorphic conditions in Seinäjoki region (Mäkitie et al. 2001) on the south-eastern
side of the Vaasa Migmatite Complex is also included.
P-T paths  from models  don't  match the range of  typical  metamorphic conditions  in
central Svecofennian or the peak metamorphic conditions in Seinäjoki region. Majority
of peak temperatures recorded in models are 50–200  °C lower than the minimum for
typical conditions. Samplers that recorded high temperatures recorded also 50–300 MPa
higher pressures (Figure 7.1 TDS A, Figure 7.2 PDS C and PWS C). 
Temperatures  on  the  P-T path  estimated  for  the  Central  Finland  granitoid  complex
(GGT/SVEKA B, Figures  7.1 and 7.2) are also lower than the typical conditions. P-T
paths from plateau models TDF (samplers B and C) and TWF (sampler A) and plateau
margin models PDS (sampler B) and PDN (sampler B) recorded peak conditions similar
to GGT/SVEKA B. Temperatures in models are only 30–50 °C lower. All of these paths
are also clockwise.
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Figure 7.1: P-T paths recorded in plateau models plotted with estimated P-T paths in three locations along 
the GGT/SVEKA profile (Figure 3.1), range of typical metamorphic peak conditions along the GGT/SVEKA 
profile, and range of peak metamorphic conditions in Seinäjoki region. GGT/SVEKA locations: A) Southern
Finland sedimentary-volcanic complex, B) Central Finland continental arc, C) Pyhäsalmi primitive island 
arc. GGT/SVEKA paths and peak range after Korsman et al. 1999., Seinäjoki peak range after Mäkitie et 
al. 2001, aluminosilicate phase boundaries after Holland and Powell 2011.
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Figure 7.2: P-T paths recorded in plateau margin models plotted with estimated P-T paths in three 
locations along the GGT/SVEKA profile (Figure 3.1), range of typical metamorphic peak conditions along 
the GGT/SVEKA profile, and range of peak metamorphic conditions in Seinäjoki region. GGT/SVEKA 
locations: A) Southern Finland sedimentary-volcanic complex, B) Central Finland continental arc, C) 
Pyhäsalmi primitive island arc. GGT/SVEKA paths and peak range after Korsman et al. 1999., Seinäjoki 
peak range after Mäkitie et al. 2001, aluminosilicate phase boundaries after Holland and Powell 2011.
Hölttä (1988) describes a broader range of metamorphic conditions in six metamorphic
blocks  from  Pielavesi  area  near  the  Archean  and  Proterozoic  boundary.  The
metamorphic  facies  of  blocks  range  from  amphibolite  to  granulite  facies.  Vieremä
(block  I)  contains  staurolite,  which  is  not  encountered  in  Lampaanjärvi  (block  II).
Pielavesi  granulite  (block  III)  represents  the  highest  metamorphic  grade.  Osmanki
(block IV) contains high grade transitional granulites. Maximum temperature conditions
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in the Korppinen (block V) were about 700  °C. Pihtipudas (block VI) contains large
grains of andalusite. 
P-T ranges of culmination of metamorphism in metamorphic blocks from Pielavesi area
and a P-T-t path of the granulite block (III) are plotted together with P-T paths recorded
in plateau and plateau margin models in Figures 7.3and 7.4. None of the P-T paths from
models reach the high temperature conditions of the granulite block. 
P-T paths from plateau models TWF (sampler A) and TDF (samplers B and C) have
their  peak  conditions  within  P-T  ranges  of  block  II  (Figure  7.3).  Peak  condition
recorded  by  sampler  B  in  model  TDF  is  also  within  the  P-T  ranges  of  block  V.
Maximum temperatures recorded in models TWS (sampler A) and TDS (sampler B)
approximately  reach  the  minimum  temperature  conditions  of  blocks  I  and  VI,
respectively. 
Among plateau margin models sampler B in model PDS and sampler B in model PDN
reach conditions of block V (Figure  7.4). Peak conditions recorded by sampler B in
model PDF are only 30 MPa higher than upper limit of block I. In model PWF (sampler
B) peak condition is 50 MPa higher than block I. They are at kyanite-sillimanite phase
boundary. Kyanite was not found in block I (Hölttä 1988).
In summary, models do not match the high-temperature low-pressure observations in
Central  Svecofennian.  Models  TDF  (samplers  B  and  C),  TWF  (sampler  A),  PDS
(sampler  B)  and  PDN  (sampler  B)  are  closest  matches  to  the  lower  temperature
observations  from  Central  Finland  granitoid  complex  (GGT/SVEKA  B)  and
Lampaanjärvi (block II) and Korppinen (block V) metamorphic blocks in Pielavesi area.
80
Figure 7.3: P-T paths recorded in plateau models plotted with temperature and pressure ranges of peak 
metamorphic conditions in six metamorphic blocks from the Pielavesi area and P-T-t path for granulite 
facies block III (Pielavesi). Metamorphic blocks are I) Vieremä, II) Lampaanjärvi, III) Pielavesi, IV) 
Osmanki, V) Korppinen and VI) Pihtipudas. Pielavesi data and aluminosilicate phase boundaries after 
Hölttä 1988.
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Figure 7.4: P-T paths recorded in plateau margin models plotted with temperature and pressure ranges of 
peak metamorphic conditions in six metamorphic blocks from the Pielavesi area and P-T-t path for 
granulite facies block III (Pielavesi). Metamorphic blocks are I) Vieremä, II) Lampaanjärvi, III) Pielavesi, IV)
Osmanki, V) Korppinen and VI) Pihtipudas. Pielavesi data and aluminosilicate phase boundaries after 
Hölttä 1988.
Pressure and temperature estimates for amphibole in CFGC post-kinematic plutons is in
the range of 750–800 °C and 240–490 MPa (Elliott et al. 1998). None of the P-T paths
recorded  in  models  match  the  ranges  indicated  by  amphibole  geothermobatometry.
Olivine-pyroxene geobarometer yields higher pressure of 500–700 MPa for the post-
kinematic plutons,  which is  reached by some samplers in high temperature.   Model
PWS sampler C records peak temperature of 790  °C at pressure of 650 MPa (Figure
7.2).  Model  TDS sampler  A records  temperature  of  800  °C at  ≥650  MPa pressure
(Figure 7.1).
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Initial  placement  of sampling tracers  in a model has an impact  on the pressure and
temperature conditions recorded in the model. Sampling tracers were placed in a grid
formation and for the most  part  did not end up at  the observation depth of 15 km.
Optimum placement  of  sampling tracers would require  at  least  one trial  run,  which
would double the model computation time.
Models  PDS  and  PDN  are  the  only  plateau  margin  model  which  reach  >650  °C
temperatures  at  low  pressure.  All  models  would  need  changes  in  initial  Moho
temperature, heat production rate and thermal conductivity to reach conditions of the
low pressure granulite facies. 
Figure 7.5: A comparison between deep seismic reflection profile FIRE 1&2 and plateau margin model 
PDN. A) An interpretation of the crustal structure along deep seismic reflection profiles FIRE 1&2. Middle 
crust shows symmetrical thinning and has herringbone structures indicative of flow. Moho is smooth, 
middle crust - lower crust interface depth and thickness of layers varies. After Korja et al. 2009. B) Plateau 
margin model PDN at t = 30 Myr. The model tests purely gravitational collapse (fixed lateral boundaries) of 
65 km thick crust with dry rheology. 
Legends: 1) smooth Moho, 2) thinning of middle crust, 3) region of thick middle crust and thinner lower 
crust.
An interpretation of crustal structures along 300 km long deep seismic reflection profile
FIRE 1&2 (Figure 7.5 A) shows smooth Moho, thinning of middle crust and a region of
thick middle crust and thin lower crust, all of which are found also in plateau margin
model PDN (Figure 7.5 B). Similar features can be seen also in plateau margin models
PDS (Figure  6.22 F) and PWS (Figure  6.34 F). In these models the middle crust is
exposed as domes at depth of the 15 km isosurface. All models except TWF and PWF
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show lateral variation in the thickness of the middle crust, which is compatible with
crustal structures interpreted in FIRE 1&2 profile. Final thickness of the crust in models
is between 23 and 68 km (Table 7.1). When exhumation is taken into account all models
fall short of present day Svecofennian crustal thickness of 50–65 km.
The  results  of  comparison  between  model  results  and  geological  and  geophysical
observations are summarized in Table 7.1.
Table 7.1: Summary of comparison between model results and geological and geophysical observations.
Model P-T paths with peak
T ≥600 °C matching
observations
Final thickness 
of the crust [km]
Mid-crustal flow Middle crust exposure at 
15 km isosurface
TDF Samplers B + C 48 minor domes
TDS Sampler B 68 minor domes
TWF Sampler A 46 no Only MC
TWS Sampler A 64 no domes
PDF Sampler B 23–47 Some, towards 
plateau 
Domes in plateau region (LC 
exposed in foreland)
PDS Sampler B 50–62 Strong, towards 
foreland
Domes in plateau, flat surface 
in foreland
PDN Sampler B 51–59 Strong, towards 
foreland
Dome in plateau, flat surface 
in foreland
PWF - 24–48 Some, towards 
plateau 
Only MC
PWS - 44–55 Both directions Domes in plateau
PWN 
discarded
Most models form upper crustal  fault  zones and middle crustal domes start to grow
underneath,  but  the faults  initialize in random locations.  They also appear  at  model
edges, where they are more difficult to observe. Comparison of models would be easier
if faults formed at the same location in different models. This could be achieved with
initial weakness anomalies. Shape, size and location of the anomaly affects the results,
however (Dyksterhuis et al. 2007). Rifting mode may change between narrow and wide
rifting and core complex formation depending on the anomaly.  Experiment indicates
that with a fault-like anomaly at 45° angle through the upper crust the middle crust is
exhumed at the surface in <5 Myr with fast extension. Geologically a fault-like anomaly
through the crust would represent a boundary between accreted terranes.
84
There were problems in running the plateau margin models with wet rheology. Noise
level in model PWS is high and the model was not able to run for 30 Myr. Model PWF
could only be run at low resolution because of high noise level at higher resolution.
Model PWN produced unusable results even at low resolution. Since the only difference
to models with dry rheology was in rheological parameters, an experiment was done
with Wilks and Carter (1990) instead of Wang et al. (2012) rheological parameters for
mafic granulite in lower crust of wet rheology models (Table  7.1). With this change
model PWF was able to run at higher resolution and model PWN produced better results
at low resolution but model PWS was able to run for 5 Myr shorter time, so this did not
solve the issue. This change also did not significantly affect deformation and thermal
evolution of the models. See Appendix A for evolution of model PWF with this change.
Ellipsis3D produced useful results for most models in this work. Biggest issue was the
high noise level in some models, which prevented them from running stably for the
designated time. The root cause for the increasing noise level was not deciphered. The
most obvious missing feature in Ellipsis3D is the inaptitude to model surface processes
of erosion or deposition. Without erosion the crust becomes too hot. Erosion removes
heat producing material from the crust which causes cooling of the crust and lowering
of  peak  temperatures  if  erosion  rate  is  high  (Kukkonen  et  al.  2008).  A  simple
approximation suggests that at an estimated erosion rate of 0.2 km/Myr (Kukkonen et
al.  2008) 3 km of material would be removed from the surface (15% of the plateau
upper crust)  during the 15 Myr run time with fast extension and 6 km (30% of the
plateau upper crust) during the 30 Myr run time of slow extension models. Localised
erosion has also been shown to exhume and expose the crustal channel to the surface in
a transition region between the plateau and the foreland (Beaumont et al. 2004). 
The current version of Ellipsis3D code must be compiled as a 32-bit application which
limits the amount of memory available for storing particle data and thus the resolution
of the models. Models are limited to approximately one million particles. Some of the
high  resolution  models  ran  out  of  memory  because  of  this  limitation.  I  have
experimented  with  creating  a  64-bit  compatible  version  of  Ellipsis3D  code.  The
experimental version was able to run some high resolution models successfully but it is
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not ready for general use.
With Ellipsis3D it is easy to study the effects of varying a value of some parameter.
Current  multicore  processors  can  run  several  models  concurrently  and  progress  of
running models can be examined after every timestep.
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8. CONCLUSIONS
Plateau models evolve in similar manner at both extension velocities until middle crust
starts  to  melt  in  models  with  slow extension.  In  dry rheology models,  shear  zones
appear at random locations and there is minor mid-crustal flow towards areas of upper
crustal  thinning.  Plateau  regions  of  plateau  margin  models  evolve  similarly to  their
plateau model counterparts. In case of slow or no extension, there is less melting in the
plateau region middle crust because some of the mid-crustal material flows away from
the plateau region, leaving the plateau region middle crust thinner than the middle crust
of the plateau models. Extension velocity has big impact on the development of the
foreland region in plateau margin models. With fast extension there is some flow from
the foreland region towards the plateau and the foreland thins enough to leave long
stretch  of  lower  crust  exposed at  the  depth  of  15  km isosurface.  With  slow or  no
extension there is flow from the plateau region towards the foreland which thickens
significantly.
Results  from  all  models  are  compatible  with  some  geological  or  geophysical
observations  in  Svecofennian.  Plateau  models  are  generally  a  better  match  to
observations of peak metamorphic conditions,  and plateau margin models match the
geophysical observations of crustal features better. Slow extension rate or fixed lateral
boundaries lead to significant amount of melting in the plateau crust. In plateau margin
models with dry rheology it also results in strong mid-crustal channel flow. Melting
controls the form of deformation in the middle crust and erases any flow structures in
both dry and wet rheologies in plateau models and in the plateau region of plateau
margin models. It also leads to regularly spaced upwellings of middle crust in plateau
models.  Models with dry rheology match both geological and geophysical observations
better than models with wet rheology. 
Plateau margin models with dry rheology and slow extension velocity (model PDS) or
fixed  lateral  boundaries  (model  PDN)  are  the  best  matches  in  comparison  to
Svecofennian  observations  (Table  7.1).  Samplers  in  these  models  recorded  peak
pressure and temperature conditions similar to observations in Central Finland (Figure
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7.2) and in Pielavesi area (Figure 7.4). Middle crust in the models flows laterally and
there are mid-crustal domes exposed at depth of 15 km isosurface (Figures  6.22 and
6.26).
Results  of this  work suggest an extension at  slow velocity or a  purely gravitational
collapse of plateau margin as a model for the extensional stage of Svecofennian orogen,
although peak temperature of Svecofennian HT-LP metamorphism was not attained. To
improve  these  models  future  work  needs  to  attain  higher  mid-crustal  temperatures,
experiment with initial weakness anomalies and improve wet rheology models.
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11. APPENDIX
Results from model PWF with dry lower crustal rheology.
Figure A.1: Deformation and thermal evolution between 5 and 15 Myr of the model PWF with mafic 
granulite lower crustal rheology parameters from Wilks and Carter (1990). The model tests extension of 
plateau margin crust with wet rheology at velocity of 9.5 mm/yr on both sides. The black line images the 
location of 15 km depth isosurface which acts as a proxy for present exposure level. Blue shading 
indicates plastic strain and white shading indicates areas of partial melting. Coloured dots indicate 
locations of sampling tracers. A) At t=5 Myr all crustal layers are deforming by thinning and middle crust 
flows from foreland towards plateau. B) At t=10 Myr the bottom of middle crust and lower crust have 
started to melt. C) By t=15 Myr melting of lower crust in plateau region has increased and a mid-crustal 
dome has started to form.
